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Chapter 1 Introduction 

As seawater circulates through a mid-ocean ridge (MOR) hydrothermal system its 

physical properties and chemical composition change drastically. Seawater is cold (2 ˚C), 

oxic and metal-poor. Hydrothermal fluids are hot (290–400 ºC), anoxic, and metal-rich. 

The conversion of seawater into hydrothermal fluid therefore represents a major transfer 

of heat and mass between the oceanic crust and circulating fluids. This transfer of heat and 

mass regulates the thermal structure of young oceanic crust and plays an important role in 

controlling seawater chemistry over geologic time. The chemical composition of seafloor 

hydrothermal fluids collected at the ocean floor provides information regarding heat and 

mass transfer processes that occur in an otherwise inaccessible environment.  

 This dissertation compares the results of mineral solubility experiments to the 

chemical composition of natural fluids to further our understanding of the chemical 

evolution of seafloor vent fluids. Experiments were conducted in a newly designed fixed 

volume titanium reactor (Chapter 2) at pressure-temperature (P-T) conditions (400–500 ºC, 

25–50 MPa) representative of the magma-hydrothermal interface. At such high 

temperatures and relatively low pressures, seawater can phase separate into a low-

salinity/density vapor and high-salinity/density liquid. The P-T conditions at which phase 

separation occurs at a given vent site can be estimated by comparing the SiO2(aq) and Cl 

concentrations of a vent fluid with experimental calibration of the solubility of these two 

components, both of which are sensitive to changes in P-T. Chapter 2 presents the results 

of quartz solubility experiments and the calibration of a Si-Cl geothermobarometer, an 

important tool for estimating MOR heat and mass fluxes. 
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 The vapor and liquid that result from phase separation of seawater have 

substantially different physiochemical properties that can result in isotopic fractionation of 

dissolved chemical components. Chapter 3 presents experiments that determine Ca isotope 

systematics during phase separation. The results of these experiments are compared with 

the Ca isotopic signature of natural vent fluids to understand the exchange of Ca isotopes 

between vent fluids and the oceanic crust. 

 Due to the extreme P-T conditions at which phase separation occurs, there are 

currently no theoretical models that can predict mineral solubility in either vapor or liquid. 

Chapter 4 provides the first attempt to calculate mineral solubility in low-density 

hydrothermal fluids. The solubility calculations are validated by comparison with 

experimental measurements of anhydrite solubility. The lack of theoretical solubility 

models also precludes calculation of the concentration of neutral aqueous species, such as 

H2(aq). Chapter 5 presents measurements of H2(aq) concentrations in saline hydrothermal 

fluids. These data constrain the redox state of MOR vent fluids, an important parameter in 

both fluid-mineral and fluid-fluid reactions. 

 Together, the data and analysis presented here provide a more quantitative 

understanding of the chemical evolution of MOR vent fluids that undergo phase separation. 

The high quality experimental data will also allow for future development of theoretical 

models of mineral solubility in low-density hydrothermal fluids.   
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 Summary 

 Hydrothermal experiments were performed at elevated temperature (420-500 ºC) 

and pressure (31.0-51.0 MPa) in the NaCl-H2O system to measure quartz solubility in 

coexisting vapor and liquid and extend the calibrated range of the Si-Cl 

geothermobarometer. In the vapor, the density-based equations for quartz solubility of 

Fournier (1983) and Von Damm et al. (1991) agree well with the experimental data, while 

the equation of Fournier (1983) also accurately predicts SiO2(aq) concentrations in the 

liquid. Importantly, the equations of Fournier (1983) and Von Damm et al. (1991) were 

calibrated based on quartz solubility in single phase fluids (no coexisting vapor-liquid) at 

higher pressure than investigated here. The new experimental data therefore extend the 

pressure range of the density-equations and demonstrate that quartz solubility in either 

vapor or liquid can be treated independently as a function of temperature, pressure, and 

fluid density. The Si-Cl geothermobarometer indicates that fluids venting from Piccard 

reach 540 ± 15 °C, 62.5 ± 3.0 MPa. These are the hottest and deepest conditions yet 

recorded by an actively venting seafloor hydrothermal fluid. Based on the calculated 

enthalpy differences between the subsurface fluid and that venting at the seafloor, 

approximately 1/3 of the heat extracted at depth is lost during conductive cooling of the 

hydrothermal fluid. Incorporating the heat lost during conductive cooling into the overall 

budget at Piccard yields a flux of 100 ± 37 MW and an associated hydrothermal fluid flux 

of 1.2 ± 0.4×109 kg yr-1. The newly calibrated Si-Cl geothermobarometer provides 

important constraints for accurate determination of heat and mass fluxes at axial vent sites. 
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Background 

Mid-ocean ridge (MOR) hydrothermal fluids play an important role in mass and 

heat transfer in the oceanic crust (Bischoff & Seyfried, 1978; Lowell et al., 1995; Geiger 

et al., 2005). In order to quantitatively understand the evolution of seafloor vent fluids, the 

phase equilibria of the bulk fluid (3.2 wt% NaCl) as well as minor components (e.g. Fe, 

SiO2(aq), H2(aq)) must be known at elevated temperature and pressure. Of particular interest 

are the high temperatures (>400 ºC) and relatively low pressures (30-50 MPa) that occur 

at the magma-hydrothermal interface, because it is here that vent fluids most effectively 

react and equilibrate with the surrounding host rock before venting to the seafloor (Von 

Damm, 1995; German & Seyfried, 2014). Phase equilibria in the NaCl-H2O system are 

now well constrained at all pressure-temperature conditions relevant to MOR vent systems 

due to numerous experimental studies carried out over several decades (Olander & Liander, 

1950; Sourirajan & Kennedy, 1962; Bischoff et al., 1986; Rosenbauer & Bischoff, 1987; 

Bischoff, 1991). Quartz solubility has also been the target of numerous experimental 

studies given the high concentration of SiO2(aq) in many seafloor hydrothermal fluids (e.g. 

Bowers et al., 1988; Von Damm, 1988; Von Damm et al., 1991; Foustoukos & Seyfried, 

2007). 

The dissolution of quartz in pure water and NaCl-bearing fluids can be represented 

as a hydration reaction 

SiO2(qtz) + nH2O = SiO2 · nH2O(aq) (2.1) 

Equation 2.1 suggests that quartz solubility can be quantified as a function of the activity 

of water in addition to pressure and temperature (Fournier 1983). In empirical formulations 
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of quartz solubility, solution density is assumed to approximate water activity effects, even 

though this assumption is not yet grounded in a theoretical explanation (Akinfiev & 

Diamond, 2009). Using this approach, equations for quartz solubility have been calibrated 

in single-phase fluids (i.e. no coexisting vapor and liquid) over a wide range of 

temperatures, pressures, and fluid compositions (Fournier & Potter, 1982; Fournier, 1983; 

Von Damm et al., 1991; Xie & Walther, 1993; Manning, 1994). 

Quartz is ubiquitous in in-situ sections of altered oceanic crust (Alt et al., 2010), 

ophiolite outcrops on land (Richardson et al., 1987; Kelley et al., 1992) and has recently 

been recovered from depth at the Reykjanes geothermal system (Friðleifsson et al., 2017). 

As a result, quartz has been inferred to control SiO2(aq) concentrations in coexisting aqueous 

fluids in active mafic-hosted hydrothermal systems. The pressure and temperature 

dependent nature of quartz solubility lends itself to application as a geothermobarometer 

in natural systems. Experimental quartz solubility data were first used to estimate the 

subsurface pressure-temperature conditions encountered by MOR vents fluids that had not 

undergone phase separation (Von Damm et al., 1991). However, phase separation of 

hydrothermal fluid is common in axial vent systems and the large physical and chemical 

differences between vapor, liquid, and single phase fluids result in markedly different 

quartz solubility in each fluid. Accordingly, Foustoukos and Seyfried (2007) measured 

quartz solubility in low-density vapors between 390-430 ºC, 25.0-35.0 MPa, in keeping 

with apparent subsurface conditions in many basalt-hosted MOR hydrothermal systems. 

Quartz solubility in the vapor was emphasized since it is this low-density fluid that 

commonly vents at the seafloor, providing information on subsurface conditions. When 

combined with dissolved Cl concentrations, vapor phase quartz solubility allows for 
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estimation of the subsurface pressure-temperature conditions encountered by fluids at 

basalt-hosted MOR hydrothermal vent systems (Fontaine et al., 2009). This method, 

known as the Si-Cl geothermobarometer, yields important information regarding the 

physical conditions at which mass transfers from the oceanic crust to hydrothermal fluids, 

with broader implications relevant to changes in the heat content of hydrothermal fluid 

during ascent to the seafloor. 

 The recently discovered Piccard hydrothermal field lies at a depth of 4,960 m 

below sea level on the Mid-Cayman Rise (Connelly et al., 2012), and is the deepest known 

high temperature hydrothermal vent system (German et al., 2010a). Due to the extreme 

depth, maximum vent fluid exit temperatures reach 398 ºC (McDermott et al., 2018). 

Surprisingly, dissolved Cl concentrations are depleted relative to seawater, indicating 

phase separation occurring in the subsurface, the high hydrostatic pressure 

notwithstanding. Based on the depth of the vent field, fluids venting at Piccard must reach 

at least 483 ºC in order to intersect the two phase boundary for seawater (Bischoff & Pitzer, 

1989; McDermott et al., 2018). The subsurface pressure temperature conditions at the 

Piccard vent field are therefore well outside the current range (390-430 ºC) of calibrated 

vapor-phase quartz solubility. 

 In the present study, quartz solubility in low-chlorinity vapors was determined 

experimentally from 420-500 ºC, 31.0-51.0 MPa. Samples of the coexisting liquid phase 

were also taken along the 420 ºC isotherm to determine SiO2(aq) partitioning between fluid 

phases. Experiments were performed in a newly constructed fixed volume titanium reactor 

that allows for excellent control of pressure, temperature, and fluid composition. The 

experimental data are compared with equations that express quartz solubility as a function 
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of pressure, temperature, and fluid density. The good agreement between density equations 

and experimental data allows the density equations to be used in combination with Cl 

solubility to estimate the subsurface pressure-temperature conditions at the Piccard 

hydrothermal site. Heat and mass transfer fluxes at Piccard show considerable difference 

when calculated based on subsurface pressure-temperature conditions as compared to those 

calculated using seafloor conditions. 

 Methods 

2.3.1 Hydrothermal reactor  

 Experiments were performed in a newly designed fixed volume hydrothermal 

reactor (Fig. 2.1a,b). The internal volume of the reactor is 150 mL. The body and closure 

piece are constructed from Ti-6Al-2Sn-4Zr-2Mo (Ti6242), a high strength titanium alloy, 

while 1/16” (all diameters reported are measurements of outer diameter) capillary lines and 

high temperature adapters are made from grade 2 titanium. The angle of the closure piece 

differs by 2º from that of the body of the reactor to form a cone seal. To our knowledge, 

this is the first cone seal hydrothermal reactor capable of reaching 51.0 MPa at 

temperatures up to 500 ºC. To reinforce the cone seal, a stainless steel thrust washer sits 

between the closure piece and main nut. The greater thermal expansion of steel relative to 

titanium ensures evenly distributed force is applied to the cone seal from above 

(Shmulovich et al., 1995). The adapters also form cone seals with the reactor and are larger 

(1/4”) than those used on previous fixed volume reactors constructed in our laboratory. 

Extended periods at elevated temperature causes titanium to deform and seize to adjoining 

surfaces. The cone seal and larger size of the adapters minimizes deformation and 

facilitates removal upon completion of an experiment. A 1/16” Ti-sheathed type E 
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(chromel-constantan) thermocouple monitors the fluid temperature inside the reactor. The 

thermocouple communicates with three external heating bands through an EZ Zone PM 

(Watlow Electric Manufacturing Co.) proportional-integral-derivative controller. The 

heating bands attach to the outside of a steel cylinder that holds the reactor. The reactor, 

heating bands, and steel cylinder are housed in a calcium-silicate furnace and void space is 

filled with a ceramic fiber blanket (Pester et al., 2015). The furnace is attached to a steel 

frame and can rotate to promote mixing (Seyfried et al. 1987). 

A Teledyne ISCO syringe pump controls the system pressure, up to a maximum 

of 51.7 MPa. The syringe pump is particularly useful in that it can automatically inject or 

withdraw fluid to maintain constant pressure during sampling, and move between any two 

pressure conditions. A titanium piston separator is positioned between the syringe pump 

and reactor to prevent corrosive experimental solution from damaging the syringe pump. 

To record any pressure differential across the piston, a digital pressure gauge (Heise® ST-

2H) is situated between the reactor and separator. A smaller piston separator protects the 

Heise gauge from corrosive fluid. During the present experiments, the pressure difference 

between the ISCO pump and Heise gauge never exceeded 0.5 MPa, with the ISCO pump 

always recording the higher pressure. 

At both ends of the reactor, the capillary lines connect to high pressure titanium 

metering valves (Parker Autoclave Engineers) through which fluid samples are taken. Two 

additional titanium valves, between the reactor and piston separator, allow the experimental 

solution in the separator to be changed while maintaining elevated pressure within the 

reactor. The bulk chemistry of the experiment can therefore be modified by injection of 

new experimental solution. 
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Figure 2.1 Drawings of the newly designed hydrothermal reactor and experimental set up 

(A) main nut, (B) closure piece, (C) stainless steel thrust washer, (D) capillary tubing for 

injecting fresh experimental solution, (E) thermocouple, (F) titanium adapter 

B

C

A

F

D

E
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Figure 2.1 (continued) (G) Teledyne Isco syringe pump, (H) check valves, (I) titanium 

piston separators, (J) Heise pressure gauge, (K) 1/16” titanium tubing, (L) vapor sampling 

valve, (M) calc-silicate furnace,  (N) liquid sampling valve, (O) temperature control panel. 

G

H
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J

L

M

O
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2.3.2 Experimental procedure 

 Before each experiment, the thermocouple was calibrated at experimental 

temperatures using a dry block probe calibrator (Omega Hot Point®) and always recorded 

within 3 °C of the calibrator set point. Blue Moly, an anti-seize compound, was applied to 

all metal surfaces that do not come in contact with the fluid. The main seal and four high 

temperature adapters were closed with 180 ft·lb and 20 ft·lb, respectively. 

 The quartz grains used in the experiments were approximately 200 μm long and 

were placed in an open 5 × 3 cm gold capsule at the bottom of the reactor. Visibly clear 

quartz crystals were obtained from the University of Minnesota mineral collection. The 

purity of the crystals was confirmed by XRD and ICP-OES analysis. The starting 

experimental solutions varied between 0.55-1 mol/kgsolution NaCl, acidified to pH25 °C 2.5-

3.75 with concentrated, trace metal grade HCl. Approximately 1 mmol HCl was required 

to acidify the starting solutions. Experiments were performed isothermally and the pressure 

began at the lowest condition and was increased after each sample extraction (Fig. 2.2). 

The pressure reported for each sample is that recorded by the Heise gauge. Once at the 

appropriate pressure and temperature, the entire system was allowed to react for 48 hours 

at 420, 450, and 475 °C and 24 hours at 500 °C to achieve equilibrium, consistent with 

previously determined time constraints on quartz-fluid equilibrium at similar temperature 

conditions (Xie & Walther, 1993). These reaction times were also confirmed by reversing 

equilibrium through temperature adjustment and measuring SiO2(aq) concentrations. 

Reproducible results were achievable without rocking the autoclave, so for simplicity, the 

autoclave was positioned at a slight angle above horizontal. This angle promoted 

segregation of vapor and liquid that were then sampled from opposite ends of the reactor. 



 

13 

 

Prior to sampling, approximately 0.3 g of fluid were removed to flush the capillary line. 

Each sample weighed between 1-2 g and was collected in a clean luer lock syringe. 

Aliquots for SiO2(aq) were diluted at least 20-fold with 1 mL 1 M Optima HCl and sufficient 

18.2 mΩ deionized water immediately after sampling (Von Damm et al., 1991; Foustoukos 

& Seyfried, 2007). Additional aliquots were also taken to determine Na and Cl 

concentrations and pH25 °C. 

2.3.3 Analytical methods 

 Na was measured by inductively coupled plasma optical emission spectroscopy 

(ICP-OES), while Cl was measured by ion chromatography (IC). Samples measured by 

ICP-OES were analyzed three times and those measured by IC were run twice. The average 

of these values is reported. Uncertainties for the ICP-OES and IC are 3 % and 2 %, 

respectively (2, Table 2.1). The concentration of SiO2(aq) in all samples was measured 

using the molybdate blue method (Hansen & Koroleff, 1999), with an associated 

uncertainty of 5 % (2). Additionally, ten samples were analyzed for SiO2(aq) using ICP-

OES. With one exception (sample 12), the difference between spectrophotometric and ICP-

OES measurements was less than 10 %. pH25 °C was measured using a Thermo-Ross 

electrode that was calibrated with pH 4, 7, and 10 buffers before each measurement. 

2.3.4 Calculation of quartz solubility and vapor-liquid partitioning 

 Quartz solubility was calculated using the density equations of Fournier (1983), 

Von Damm et al. (1991), Foustoukos and Seyfried (2007), and Akinfiev and Diamond 

(2009). The density of NaCl-H2O fluids was calculated using the equations of Driesner 

(2007) and the International Properties of Water and Steam 1995 (IAPWS95) formulation  
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Figure 2.2 Pressure temperature conditions at which samples were taken during the current 

study and in Foustoukos and Seyfried (2007).  Also shown for reference are the NaCl-H2O 

critical curve (solid line) and the boiling curve of seawater (dashed line), 3.2 wt% NaCl 

(Driesner and Heinrich, 2007). 
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for pure water (Wagner & Pruss, 2002). All calculations were performed in MATLAB 

using WATER95 (Junglas, 2009). 

 In their contribution, Akinfiev and Diamond (2009) set the molar volume of liquid 

NaCl at 30.8 cm3 mol-1 regardless of the pressure and temperature condition. In the present 

study, no appreciable differences in quartz solubility predictions were noticed between 

results using the fixed molar volume or when molar volume was calculated as a function 

of pressure and temperature using the correlations of Driesner (2007). When calculating 

quartz solubility using the equation of Fournier (1983) the density correction due to waters 

of hydration was considered to be negligible. No changes were made to the equations of 

Von Damm et al. (1991) or Foustoukos and Seyfried (2007).  

 In keeping with previous studies (Styrikovich et al., 1955; Pokrovski et al., 2005), 

SiO2(aq) partitioning between coexisting vapor and liquid is defined as  

KD = mvap / mliq                                           (2.2) 

Log KD = n × log (ρvap / ρliq)         (2.3) 

Where m is the molar concentration (mmol/kgsolution), ρ is density (g cm-3) and n represents 

an empirical regression coefficient that reflects the extent of vapor-phase hydration and 

species volatility (Palmer & Simonson, 1996). Larger values of n indicate increased 

partitioning into the vapor phase (Palmer & Simonson, 1996). 

 Results  

 NaCl concentrations from the present study (vapor-liquid coexistence) agree well 

with predictions based on the numerical model of Driesner (2007) and Driesner and 

Heinrich (2007) and indicate equilibrium conditions for the NaCl-H2O system (Fig. 2.3).  
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Figure 2.3 NaCl composition of all samples plotted against the predicted isotherms (solid 

lines) of Driesner (2007) and Driesner and Heinrich (2007). NaCl concentrations are taken 

as equal to either Cl or Na. The good agreement between experimental data and model 

isotherms suggest the bulk matrix achieved chemical equilibrium and highlights the 

accuracy of the experimental pressure-temperature system. 
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The good agreement also demonstrates that any pressure differentials across the smaller 

piston separator were negligible. 

 SiO2(aq) concentrations in the vapor display a clear dependence on temperature and 

Cl concentration (Fig. 2.4a, Table 2.1). For a given Cl concentration, SiO2(aq) increases with 

increasing temperature and along each isotherm SiO2(aq) concentrations increase as a 

logarithmic function of Cl concentration (i.e. density). In the liquid phase, quartz solubility 

exhibits less of a dependence on Cl concentration (Fig. 2.4b). Liquid samples were not 

taken at 450, 475 and 500 °C since the high dissolved NaCl concentrations at these 

temperatures would have precipitated halite in the lower temperature capillary tube upon 

sampling. 

 The value for n (equation 2.3) regressed from the experimental data is 1.38 ± 0.1 

(Fig. 2.5). The density of each sample was calculated using the equations discussed in 

section 2.4 and the measured temperature, pressure and dissolved Cl concentration. At 

similar pressure-temperature-composition conditions, other workers have calculated n to 

be 2.01 (Pokrovski et al., 2005) and 1.79 (Von Damm et al., 1991). 

 Discussion 

2.5.1 Comparison of measured and calculated quartz solubility in coexisting vapor and 

liquid 

 Experimental data from the current study are compared with the density equations 

for quartz solubility of Fournier (1983), Von Damm et al. (1991), Akinfiev and Diamond 

(2009) and Foustoukos and Seyfried (2007) (Fig. 2.6) to assess whether these equations 

are applicable to pressure-temperature conditions relevant to MOR vent systems. Only a  
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Figure 2.4 Quartz solubility in the (A) vapor and (B) liquid as a function of temperature 

and dissolved Cl concentration. 
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Figure 2.4 (continued) 
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Figure 2.5: Graphical representation of SiO2(aq) vapor-liquid partitioning. The slope of the 

linear regression represents the n value, which describes the volatility of SiO2(aq). 
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brief description of each model as it relates to the experimental data from the current study 

is presented. 

 The good agreement between the equation of Von Damm et al. (1991) and the 

present experimental data in the vapor stems from the generally similar pressure-

temperature-composition conditions investigated. Von Damm et al. (1991) regressed their 

equation based on 494 quartz solubility measurements in pure water, 0.5 M NaCl and 0.55 

M NaCl, from 25-900 °C and 0.1-1000 MPa. Statistical regression of such a large dataset 

can account for the effects of temperature, pressure, density, and NaCl concentration within 

the empirically derived coefficients. The empirical nature of the Von Damm et al. (1991) 

equation can be seen in the poor agreement with the experimental data in the liquid phase, 

which contains much higher NaCl concentrations than used in the original regression (Fig. 

2.7). 

 Fournier (1983) modified an earlier regression of quartz solubility in pure water 

(Fournier and Potter, 1982) to account for the effects of NaCl by substituting the effective 

density for the density of pure water. This substitution assumes that the effective density 

approximates the activity of water, which plays an important role in determining quartz 

solubility (Eq. 2.1, Fournier, 1983). The equation of Fournier (1983) reproduces 

experimental data from both coexisting vapor and liquid phases well (Fig. 2.6 and 2.7). 

While still empirically derived, the success of the Fournier (1983) equation in reproducing 

the new experimental data suggests the underlying assumptions are valid in the SiO2-H2O-

NaCl system.  
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 Akinfiev and Diamond (2009) expanded on the work of Fournier (1983) by 

expressing quartz solubility in the NaCl-CO2-H2O system as a function of the effective 

molar volume of water and the mole fraction of water. This equation slightly 

underestimates quartz solubility at all conditions in the current study, but accurately 

reproduces the trends with fluid density in both the vapor and liquid (Fig. 2.6 and 2.7). As 

noted by the authors, small inaccuracies are acceptable if their equation reproduces well 

the overall solubility trend allowing quartz solubility to be semi-quantitatively determined 

in regions beyond current experimental calibration (Akinfiev & Diamond, 2009). 

Substitution of the n value calculated in the present study, 1.38, results in only minor 

improvement in agreement between the calculated and experimental quartz solubility. This 

result indicates that the n value as determined here may have physical meaning, but the 

waters of hydration do not play a significant role in controlling quartz solubility at the 

experimental conditions (Fournier, 1983). 

 All density equations described above are based on quartz solubility in single 

phase fluid systems (i.e. no coexistence of vapor and liquid). The generally good agreement 

between these equations and quartz solubility generated in the present study (two distinct 

fluid phases) confirms that quartz solubility in either fluid can be treated individually; 

partitioning between coexisting fluids need not be taken into account. 

 Quartz sets the activity of SiO2(aq) equal in both phases and differences in NaCl 

concentrations and density result in varying SiO2(aq) concentrations. While there is 

currently no strong theoretical link between density and thermodynamic properties of 

aqueous solutes, the correlation between the dielectric constant and density of water 

(Dolejs, 2013) may explain the success of the density models. Numerous studies have  



23 

Figure 2.6: Experimental quartz solubility in the vapor as compared to the density 

equations of Von Damm et al. (1991), Fournier (1983), Akinfiev and Diamond (2009), and 

Foustoukos and Seyfried (2007) (circles, this study; triangles, Foustoukos and Seyfried, 

2007). The equations of Von Damm et al. (1991) and Fournier (1983) accurately recreate 

the experimental data while the equations of Akinfiev and Diamond (2009) and Foustoukos 

and Seyfried (2007) underestimate and overestimate, respectively, quartz solubility at the 

experimental conditions. See Table 2.1 for associated pressures. 
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Figure 2.6 (continued) 
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Figure 2.6 (continued) 
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Figure 2.6 (continued) 
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Figure 2.7 Experimental quartz solubility in the liquid compared to density based 

equations.  The equation of Fouriner (1983) best recreates the experimental data, while the 

equation of Von Damm et al. (1991) significantly overestimates quartz solubility. 
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shown that the dielectric constant of water plays a key role in the calculation of the 

thermodynamic properties of aqueous solutes at a wide range of pressure-temperature 

conditions (e.g., Helgeson & Kirkham, 1974; Sverjensky et al., 2014).    

 Similar to the present study, the quartz solubility data of Foustoukos and Seyfried 

(2007) were measured in low-density vapor between 390-430 °C. The two datasets show 

relatively good agreement at 420 °C (Fig. 2.6). However, quartz solubility as determined 

by Foustoukos and Seyfried (2007) does not increase as significantly with dissolved Cl 

concentration as reported here. Additionally, due to the experimental design, it was difficult 

for these authors to perform experiments at pressure conditions far removed from the 

critical curve of the NaCl-H2O system (Fig. 2.2) (Foustoukos & Seyfried, 2007). These 

issues result in regression of an equation that overestimates quartz solubility outside the 

calibrated range (Fig. 2.6b).   

2.5.2 Si-Cl geothermobarometry: Piccard hydrothermal field, Mid-Cayman Rise 

 The chemistry of the buoyant Piccard plume as well as the seafloor geology 

provide evidence that hydrothermal fluid circulation at Piccard involves interaction with 

mafic lithologies. German et al. (2010a) report CH4/Mn ratios in the Piccard plume that are 

similar to those found above well studied mafic-hosted vent systems such as East Pacific 

Rise (9º50’N) and TAG (26ºN MAR) and are easily distinguishable from those emanating 

from the ultramafic hosted Rainbow vent site. Consistent with plume chemistry, Hayman 

et al. (2011) and Elthon et al. (1995) collected predominantly basalt and gabbro along the 

bottom of the axial trough in which the Piccard site is located. Along the walls of the axial 

trough other researchers have reported gabbro with minor amounts (~15%) of ultramafic 

rocks (Stroup and Fox, 1981; Ito and Anderson, 1983). The presence of ultramafic 
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lithologies is manifest in the plume and fluid chemistry of the Europa and Walsh vent sites, 

both of which are significantly different than at Piccard (Germanet al., 2010a). Based on 

analysis of dredged rock samples and magnetic data, Stroup and Fox (1981) and Hayman 

et al. (2011) proposed an oceanic core complex model for the Mid-Cayman Rise. In this 

model a thin layer (several hundred meters) of diabase and basalt are underlain by 1-2 km 

of gabbro. Ultramafic lithologies exist along crustal faults (Stroup and Fox, 1981). 

 In keeping with previous studies (Bowers et al., 1988; Von Damm et al., 1991; 

Fontaine et al., 2009), the mafic crust at Piccard allows for application of the Si-Cl 

geothermobarometer.  This method takes advantage of the pressure-temperature dependent 

solubility of both quartz and Cl in the two phase region of the NaCl-H2O system (Fontaine 

et al., 2009). At a given pressure-temperature condition within the vapor-liquid region of 

the NaCl-H2O system, the NaCl composition, and therefore density, of both the vapor and 

liquid are invariant (Liebscher & Heinrich, 2007). The density, in turn, fixes quartz 

solubility. Unique subsurface conditions can then be calculated using measured 

concentrations of SiO2(aq) and Cl in vent fluid samples. In addition to the presence of quartz, 

the Si-Cl method relies on the assumption that SiO2(aq) and Cl concentrations equilibrate at 

the moment of fluid phase separation and remain constant during ascent to the seafloor. Cl 

has been shown to be conservative in MOR fluids (e.g. German & Seyfried, 2014). With 

respect to the Piccard field, measured concentrations of Ca, H2(aq), H2S(aq), and Fe are 

notably different than measured at lower temperature mafic-hosted systems (e.g. Von 

Damm, 1995; Foustoukos et al., 2009; Pester et al., 2011) providing strong evidence that 

these fluids record the chemical signature of extremely high temperature-pressure reactions 

(McDermott et al., 2018). 
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 End-member vent fluids from the Piccard Vent field demonstrate a narrow range 

of SiO2(aq) (18.9-20.3 mmol/kgsolution) and Cl (342-352 mmol/kgsolution) concentrations 

(McDermott et al., 2018). Given the similarity in composition between individual vents, 

an average end-member concentration for the entire site can be calculated, 20 

mmol/kgsolution SiO2(aq) and 350 mmol/kgsolution Cl (McDermott et al., 2018). The quartz 

solubility equations of Von Damm et al. (1991) and Fournier (1983) are used with Cl 

solubility as calculated by Driesner and Heinrich (2007). 

 The Si-Cl geothermobarometer yields subsurface temperature and pressure 

conditions of 540 ± 15 °C, 62.5 ± 3.0 MPa for fluids issuing from the Piccard vent field 

(Fig. 2.8). Uncertainties are based on the largest difference, 1.2 mmol/kgsolution SiO2(aq), 

between density equations and experimental data. The estimated subsurface pressure-

temperature conditions at Piccard are the hottest and deepest reflected by any active MOR 

hydrothermal fluid. Assuming cold hydrostatic pressure, the calculated pressure indicates 

fluids circulate to approximately 1,200 m below the seafloor. Br/Cl ratios in the Piccard 

fluids indicate phase separation occurs between 555-573 °C, 60.0 MPa (McDermott et al., 

2018), in good agreement with the Si-Cl estimate presented here.  

2.5.3 Heat and mass fluxes at Piccard 

 Quantification of the physical conditions at which hydrothermal alteration occurs 

provides constraints necessary to interpret heat and mass transfer fluxes at Piccard, with 

broader implications for the global MOR system. Previous studies of individual vent sites  
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Figure 2.8: The Si-Cl geothermobarometer as applied to the Piccard vent field, Mid-

Cayman Rise.  The end-member hydrothermal fluid at Piccard contains 350 mmol/kgsolution 

Cl and 20 mmol/kgsolution SiO2(aq).  Cl concentration as calculated by Driesner and Heinrich 

(2007), while SiO2(aq) is calculated using the equations of Von Damm et al. (1991) (dashed 

line) and Fournier (1983) (dash-dot). The intersection of the Cl and SiO2(aq) 

isoconcentration lines yield the subsurface pressure-temperature conditions, 540 ± 15 ºC, 

62.5 ± 3.0 MPa. 
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have calculated hydrothermal heat flux by measurement of temperature and flow rate 

directly at the vent orifice or by measurement of the physical characteristics of the 

hydrothermal plume (e.g. German et al., 2010b; Germanovich et al., 2015). In effect, these 

studies calculate the heat that reaches the overlying water column, but do not include heat 

lost by conductive cooling of source fluids in the ocean crust during ascent to the seafloor. 

Conductive cooling of vent fluids has long been recognized at MOR vent sites (Berndt et 

al., 1989), but without accurate estimates of subsurface pressure and temperature the 

amount of heat transferred back to the crust is difficult to quantify. Here we calculate the 

hydrothermal heat flux at Piccard as a combination of the heat lost to the overlying water 

column and, as a result of the Si-Cl results, we are able to incorporate the heat lost during 

conductive cooling. 

 The height of the buoyant plume at Piccard can be used as a proxy to estimate heat 

flux entering the water column (Little et al., 1987). Conductivity-temperature-depth data 

taken from the water column above the Piccard site indicate that the buoyant plume rises 

to a water depth of at least 3,950 m, or 1,010 m above the black smoker chimneys (German 

et al., 2010a). However, as emphasized by Rudnicki and German (2002), plume heights 

can vary with time. Estapa et al. (2015) place the maximum plume height at approximately 

4,100 m depth, 150 m below the value of German et al. (2010a), although it is possible that 

the plume rises higher than this given the apparent uncertainties. To compensate for 

changes in the maximum height, we use 3,950 ± 150 m as the top of the Piccard plume. 

Using simple plume theory (Fischer et al., 1979; Little et al., 1987), the heat flux entering 

the ocean is estimated to be 75 ± 37 MW (Appendix). 
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 The hydrothermal heat lost during conductive cooling can be calculated as the 

difference in the enthalpy of the fluid at depth in the ocean crust and the enthalpy when 

venting at the seafloor. Using equations from Driesner (2007), the fluid enthalpy at depth 

is 2775 J g-1, while at the seafloor the enthalpy decreases to 1818 J g-1 (Table 2.2). The 

fluid therefore loses 957 J g-1, or approximately 1/3 of the total heat extracted at depth. 

Adding the proportion of heat lost during conductive cooling (1/3 of 75 MW) into the 

plume calculated flux results in a total hydrothermal heat flux of 100 ± 37 MW 

(Supplemental Information). 

 Previous work has suggested that the majority of heat that leaves the ridge axis is 

carried not by high temperature fluids, but instead by low temperature diffuse flow fluids 

(Schultz et al., 1992; Elderfield & Schultz, 1996; Veirs et al., 2006; Nielsen et al., 2006). 

At Piccard, the chemistry of the diffuse fluids represents a mix of cold seawater and end 

member hydrothermal fluid (McDermott, 2015). This implies that the heat carried by 

diffuse flow fluids results from mixing with hot hydrothermal fluids. By calculating the 

enthalpy of the end-member hydrothermal fluid at depth, the heat flux presented here 

combines the two types of heat fluxes (diffuse and focused) observed at the seafloor. The 

Piccard heat flux is considerably less than the average hydrothermal heat flux measured at 

individual sites along slow spreading ridges, 1669 ± 1354 MW, and is on the low end of 

heat fluxes measured along fast spreading centers, 245 ± 170 MW (Baker, 2007). The 

apparent discrepancy between the Piccard site and other slow spreading sites likely results 

from the extremely thin crust, 2-3 km (ten Brink et al., 2002), and relatively shallow 

subsurface fluid circulation at Piccard. Heat supply increases with crustal thickness, while 

the depth of fluid circulation determines the amount of heat available to hydrothermal 
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fluids (Mottl, 2003). At slow spreading ridges, fluid circulation may reach to the base of 

the oceanic crust, 6-8 km below the seafloor (deMartin et al., 2007). Fluid circulation at 

fast spreading centers extends only 1-4 km below the seafloor due to shallow magma 

chambers that prevent deeper circulation (Detrick et al., 1987; Kent et al., 1993; Canales 

et al., 2005). Given the similarity in heat fluxes and depth of fluid circulation at Piccard 

and fast spreading vent sites it is likely a shallow magma chamber exists beneath Piccard. 

Kinsey and German (2013) calculate that a relatively small amount of magma, 1.6 × 109 

m3, is necessary to sustain high temperature fluid flow at Piccard.    

 Heat flux is necessary in order to determine the flux of hydrothermal fluid and 

associated geochemical components. The mass flux of hydrothermal fluid, F, can be 

calculated as: 

                  F = H / ( Cp ΔT )                                       (2.4) 

where H is the heat flux (W), Cp is the heat capacity (constant pressure) of seawater (J kg-

1 K-1), and ΔT is the temperature difference between bottom seawater and hydrothermal 

temperatures (Elderfield & Schultz, 1996). Using a total heat output of 100 MW, a 

temperature averaged Cp (50 ºC increments from 5 – 540 ºC, 62.5 MPa) of 4.97 × 103 J kg-

1 K-1, and 535 K (Table 2.2) yields a mass flux of water of 1.2 × 109 kg yr-1 at Piccard.  

Both terms in the denominator of equation 2.4 refer to subsurface conditions.  

Miscalculation of the fluid flux would arise if the heat emanating from the diffuse flow 

sites at Piccard were incorporated into the total heat flux without knowledge of subsurface 

conditions. In this case the total heat flux would approach 100 MW, yet Cp and ΔT would 
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be calculated based on seafloor conditions. The fluid flux would then become 1.8 × 109 kg 

yr-1, or 50% greater than the original estimate of 1.2 × 109 kg yr-1. 

 In contrast to equation 2.4, heat flux can be calculated if fluid and geochemical 

fluxes are measured or estimated. This approach commonly uses the 3He/heat ratio   

3He/heat = 3He / ( Cp Dθ )                         (2.5) 

where 3He represents concentration and Dθ is the source temperature anomaly, analogous 

to ΔT (Jean-Baptiste et al., 2004; German et al., 2010b). It is clear that accurate values for 

Cp and Dθ are necessary to calculate source fluid 3He/heat ratios. At Piccard, the 3He 

concentration is 3.99 × 10-5 μM (McDermott, 2015) and the 3He/heat ratio calculated using 

seafloor conditions is 50% greater than that calculated based on subsurface conditions.    

 The calculations presented here highlight the importance of incorporating 

subsurface pressure-temperature conditions when determining heat and mass fluxes at 

individual vent sites. Estimates of MOR hydrothermal heat fluxes based solely on seafloor 

conditions likely underestimate the true heat flux, since the hydrothermal heat budget of a 

vent system includes all heat that is available to drive fluid circulation (Mottl, 2003). How 

much heat is lost due to conductive cooling at a specific vent site will vary, but the results 

from Piccard show that the percentage of the total can be significant. It is important to 

remember that the Si-Cl method estimates the pressure-temperature conditions of fluid-

rock chemical equilibrium, but not necessarily the maximum temperature reached by the 

fluids. The amount of heat lost to conductive cooling as calculated by Si-Cl should 

therefore be viewed as a minimum in some cases. At some vent sites, such as EPR 9º50’N, 

the depth to the magma chamber is well constrained and in good agreement with Si-Cl 
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estimates (Fontaine et al., 2009). Si-Cl pressure-temperature estimates at EPR 9º50’N 

likely capture the hottest and deepest conditions since fluid circulation below the magma 

chamber is unlikely. While Si-Cl pressure-temperature estimates do not capture the entire 

hydrothermal heat budget at all vent sites, the newly calibrated Si-Cl geothermobarometer 

provides an important improvement in quantifying heat and mass fluxes as compared to 

calculations based on seafloor conditions. 

 Conclusions 

 A series of hydrothermal experiments have been conducted in order to determine 

quartz solubility in the vapor-liquid region of the NaCl-H2O system between 420-500 ºC, 

31.0-51.0 MPa. The experiments were performed in a newly designed fixed volume 

titanium reactor that proved extremely durable when exposed to extreme physical 

conditions for extended periods. The good agreement between experimental quartz 

solubility and the density equations of Von Damm et al. (1991) and Fournier (1983) 

significantly expands the pressure range over which the density equations are valid. 

Application of the Si-Cl geothermobarometer to the Piccard hydrothermal field, Mid-

Cayman rise indicates fluids encounter subsurface conditions of 540 ± 15 °C, 62.5 ± 3.0 

MPa. These are the hottest and deepest conditions encountered by any MOR hydrothermal 

vent fluid. Using the Si-Cl results and the height of the Piccard plume, the overall heat flux 

is estimated to be 100 ± 37 MW, with an associated fluid flux of 1.2 ± 0.4 × 109 kg yr-1. 

Incorporating the heat lost during conductive cooling into the overall hydrothermal heat 

budget represents a novel approach and provides a more accurate measure of heat, 

hydrothermal fluid, and geochemical fluxes as compared to calculations based on measured 

conditions on the seafloor.
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Table 2.1 Chemical composition of samples from quartz solubility experiments 

Sample T (°C) Pressure (MPa) Phase SiO2 (Spec) SiO2 (ICP-OES) Na Cl pH25°C

1 420 32.5 vapor 12.00 565 3.11

2 420 32.5 liquid 20.15 1413 3.17

3 420 32.0 vapor 6.55 163 2.91

4 420 32.0 liquid 20.89 1893 3.28

5 420 31.5 vapor 5.82 115 3.04

6 420 31.5 liquid 21.75 1967 3.19

7 420 31.0 vapor 4.77 76 2.75

8 420 31.0 liquid 21.42 2313 3.1

9 450 400 vapor 11.35 396 2.85

10 450 39.5 vapor 10.40 10.10 275 3.29

11 450 38.5 vapor 8.36 179 2.64

12 450 37.5 vapor 6.20 5.40 131 3.33

13 450 35.5 vapor 5.81 5.60 67 3.18

14 450 33.5 vapor 3.86 41 2.61

15 475 47.0 vapor 14.33 475 3.7

16 475 46.5 vapor 12.44 345

17 475 46.0 vapor 12.30 315 2.74

18 475 44.5 vapor 10.50 10.10 205 3.09

19 475 43.0 vapor 8.30 7.90 140 3.01

20 475 38.5 vapor 5.05 53 2.6
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Table 2.1 (continued) 

21 500 51.0 vapor 12.55 237 2.58

22 500 49.5 vapor 11.41 182 2.66

23 500 47.5 vapor 10.23 175 2.65

24 500 46.5 vapor 9.22 9.51 112 2.62

25 500 44.5 vapor 7.64 7.72 75 2.58

26 500 42.5 vapor 6.93 6.98 55 2.48

27 500 40.5 vapor 5.30 5.20 37 2.38

28 500 38.5 vapor 5.04 5.10 28 2.52

All concentrations are mmol/kgsolution

%RSD for Na, Cl and SiO2 are 3, 2 and 5 (2σ), respectively.

SiO2 (spec) refers to samples analyzed on a spectrophotometer using the molybdate blue method

SiO2 (ICP-OES) refers to samples analyzed with ICP-OES

[Na] = [Cl], within error
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Table 2.2 Values used to calculated heat and mass fluxes at the Piccard hydrothermal field 

Seafloor Subsurface

49.6 62.5

398 540.0

393 535.0

350 350

Pressure (MPa)

Fluid temperature (˚C)

ΔT*

Cl concentration (mmol/kg)

Enthalpy (J/g) 1818 2775.0

4.47 × 10
3

4.97 × 10
3

Heat capacity (J/kg K)

Heat flux ** (MW) 75 100.0

*Temperature difference between hydrothermal fluid and bottom seawater (5 ˚C)

** Seafloor heat flux refers to that calculated using only the hydrothermal plume.

 Subsurface heat flux incorporates the heat lost during conductive cooling

into the overall hydrothermal budget.



 

40 

 

Chapter 3 Calcium Isotope Systematics at Hydrothermal Conditions: Mid-

Ocean Ridge Vent Fluids and Experiments in the CaSO4-NaCl-H2O System 

 

Peter P. Scheuermanna*, Drew D. Syversona,b, John A. Higginsc, Nicholas J. Pesterd,  

William E. Seyfried Jr.a 

 

a University of Minnesota, Department of Earth Sciences, 116 Church St. SE, Minneapolis, 

MN 55455, United States 

b Yale University, Department of Geology and Geophysics, New Haven, 

Connecticut, 06520, United States 

c Princeton University, Department of Geosciences, Guyot Hall, Washington Road, 

Princeton, NJ 08544, United States 

d Lawrence Berkeley National Laboratory, Earth Sciences Division, One Cyclotron Road, 

Berkeley, CA 94720, United States 

 

This chapter was published in 

 Geochimica et Cosmochimica Acta, 2018, 226, 18-35 

 ElSevier Publishing, Copyright 2018 

 

used with permission of the authors and ElSevier 

  



 

41 

 

  Summary 

 Two sets of hydrothermal experiments were performed to explore Ca isotope 

fractionation and exchange rates at hydrothermal conditions (410-450°C, 31.0-50.0 MPa).  

The first set of experiments determined the magnitude of vapor-liquid Ca isotope 

fractionation and anhydrite solubility in the CaSO4-NaCl-H2O system.  The data indicate 

no statistical difference between the Ca isotopic composition of coexisting vapor and 

liquid.  The second set of experiments utilized an anomalous 43Ca spike to determine the 

rate of Ca exchange between fluid and anhydrite as a function of total dissolved Ca 

concentration.  Results show that the rate of exchange increases with dissolved Ca 

concentrations (12 to 23 mM/kg), but no change in exchange rate is observed when the Ca 

concentration increases from 23 to 44 mM/kg Ca.  74-142 days are required to achieve 

90% anhydrite-fluid Ca isotope exchange at the conditions investigated, while only several 

hours are necessary for vapor-liquid isotopic equilibrium.  The lack of vapor-liquid Ca 

isotope fractionation in our experiments is consistent with 44Ca of mid-ocean ridge 

hydrothermal vent fluids that remain constant, regardless of chlorinity.  Moreover, the 

narrow range of end member fluid  44Ca, -0.98 to -1.13‰ (SW), is largely 

indistinguishable from MORB 44Ca, suggesting that neither phase separation nor fluid-

rock interactions at depth significantly fractionate Ca isotopes in modern high-temperature 

mid-ocean ridge hydrothermal systems. 
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 Background 

 High temperature hydrothermal systems at mid-ocean ridges play an important 

role in determining the chemical and isotopic composition of seawater on geologic 

timescales.  In particular, these systems represent an important sink of seawater Ca to the 

mantle and source of mantle Ca to seawater.  It has been hypothesized that variations in 

the rate of seafloor spreading and associated fluxes of seawater through high temperature 

mid-ocean ridge (MOR) hydrothermal systems have produced large changes in the major 

element chemistry of seawater (Hardie, 1996; Holland, 2005).  A better understanding of 

the chemical and isotopic fluxes of Ca through axial vent systems has important 

ramifications for understanding Ca cycling in modern and ancient oceans (De La Rocha 

and DePaolo, 2000; Fantle, 2010; Antonelli et al., 2017).   

 As seawater is heated in the recharge zone of axial vent systems, anhydrite 

(CaSO4) precipitation occurs at temperatures exceeding 140°C (Bischoff and Seyfried, 

1978).  During discharge of fluids on and near the seafloor at deep sea vents, mixing of 

SO4 rich seawater and Ca rich hydrothermal fluid also causes anhydrite to precipitate 

(Tivey et al., 1995).  There is also evidence from drill cores, sulfur isotope analysis and 

theoretical calculations that anhydrite exists near the base of hydrothermal circulation cells 

(Ono et al., 2007; Alt et al., 2010; McDermott, 2015).  Given its widespread occurrence in 

marine hydrothermal systems, anhydrite is thought to have significant effects on both the 

hydrogeology of the ocean crust, through porosity reduction during precipitation (Sleep, 

1991; Lowell et al., 2003), and redox chemistry of high-temperature vent fluids (Seyfried 

and Ding, 1995).    
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 In addition to fluid-rock interactions, phase separation of hydrothermal fluid 

influences the chemical and isotopic flux of dissolved components to the seafloor (Von 

Damm, 1995; Von Damm, 2004).  Elemental partitioning and isotopic fractionation at 

pressure-temperature conditions representative of natural hydrothermal systems have been 

previously studied experimentally for a range of transition metals, alkali and alkali earth 

elements (Berndt et al., 1996; Heinrich et al., 1999; Liebscher et al., 2005; Liebscher et al., 

2006; Foustoukos and Seyfried, 2007b; Rempel et al., 2012; Pokrovski et al., 2013; 

Syverson et al., 2014; Pester et al., 2015).  These studies provide the solubility and isotopic 

constraints necessary to interpret field data taken from two-phase submarine (Rouxel et al., 

2004; Foustoukos et al., 2004; Rouxel et al., 2008) and subaerial (Simmons and Brown, 

2006; Hardardóttir et al., 2009) hydrothermal systems, while also serving as independent 

checks on first principle calculations of isotopic fractionation (Anbar et al., 2005; Chialvo 

and Horita, 2009; Rustad et al., 2010). Additionally, isotopic studies of two-phase fluid 

systems are useful to identify changes in aqueous speciation between vapor and liquid, 

given that, for many elements, the bonding and coordination environment in either phase 

often prefers one isotope relative to others (Liebscher et al., 2005; Liebscher et al., 2006; 

Rempel et al., 2012; Syverson et al., 2014).  For example, Syverson et al. (2014) proposed 

that Fe isotope fractionation was caused by two distinct Fe species, [FeCl2(H2O)2]
0 and 

[FeCl4]
2-, coexisting in the vapor and liquid, respectively.  With increasing departure from 

the two-phase boundary of the NaCl-H2O system, the magnitude of Fe isotope fractionation 

increased as the two species presumably became more abundant in their respective phases.  

 In this study we present results from laboratory experiments of the CaSO4-NaCl-

H2O system and natural samples from modern seafloor hydrothermal systems to determine: 
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1) the extent to which Ca isotopes fractionate during phase separation; 2) rates of anhydrite 

recrystallization as a function of dissolved Ca concentration; and, 3) the Ca isotopic 

composition of mid-ocean ridge hydrothermal fluids from two basalt-hosted vent systems.  

These data provide further constraints on the reactions responsible for Ca cycling within 

modern seafloor hydrothermal systems and a foundation for exploring how these systems 

may have changed over Earth history.  

 

 Methods 

3.3.1 Phase separation experiments 

Phase separation experiments (experiments 1 and 2) were conducted at 420 and 450°C 

between 31.0-46.0 MPa in flexible gold reaction cells (Seyfried et al., 1987).  These 

temperatures and pressures were chosen in order to study Ca isotopic behavior at conditions 

representative of fast-spreading ridges at steady-state hydrothermal conditions (Foustoukos 

and Seyfried, 2007a; Fontaine et al., 2009; Pester et al., 2011; Pester et al., 2014).  The 

NaCl composition of the two fluids at these conditions are well known (Sourirajan and 

Kennedy, 1962; Bischoff and Pitzer, 1989; Driesner, 2007; Driesner and Heinrich, 2007), 

and thus serve as a check for the results of the experiments presented here.     

 Experiments were performed isothermally and single-phase fluid samples were 

taken before decompressing to pressures within the vapor-liquid region.  A Teledyne ISCO 

syringe pump remained connected to the pressurizing fluid that surrounds the gold reaction 

cell to control pressure within  0.5 MPa of the reported value (see Fig 1 in Berndt et al., 

1996).  For these experiments, the reaction time at a specific pressure-temperature 
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condition ranged between 12 and 72.25 hours, with the majority falling between 18 and 28 

hours.  The sampling rate, manually controlled by a titanium-regulating valve, was 

maintained sufficiently low (<1 mL/min) so as to maintain steady-state conditions. As a 

result, neither temperature nor pressure changed by more than 1°C or 0.1 MPa during 

sampling. 

 Given the volume limits of the gold reaction cell, care was taken to maintain the 

total volume of the system (vapor + liquid) below the maximum volume of the cell, 72 

cm3.  The volume and mass fraction of each phase was calculated by mass balance on the 

bulk mole fraction of NaCl in the system.  The NaCl composition of the two phases and 

the densities were taken from the literature (Driesner, 2007; Driesner and Heinrich, 2007).  

 Vapor and liquid samples were taken intermittently during experiment 1. Only 

samples of vapor were taken during the first decompression in experiment 2.  The pressure 

was then increased to near the two-phase boundary and additional stock solution (Table 

3.1) was added to the gold reaction cell with a second Teledyne ISCO syringe pump.  The 

gold reaction cell and supporting pressure vessel were then rotated to allow for sampling 

of the liquid phase during a second stage of decompression.  

 All stock solutions (phase separation and isotope exchange experiments) were 

prepared with reagent grade salts and 18.2 m deionized water.  Samples were taken in 

clean pre-weighed luer lock syringes, weighed approximately 2 g and were separated into 

aliquots for total dissolved chemistry, Ca isotope and pH measurements.  Before each 

sample, 0.3 g of fluid were removed and discarded to ensure that the fluid sample comes 

directly from the gold cell and not residual fluid in the capillary exit line.  At the end of 
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each experiment, 0.45 m pore size nylon filters were used to filter anhydrite from solution 

and were dried for 24 hours at 60°C.  

 

3.3.2 Isotope exchange experiments 

 Isotope exchange experiments (A, B and C) were performed at 410°C, 50.0 MPa 

also in a flexible gold cell reactor.  The fluid phase in all three experiments simulated mid-

ocean ridge hydrothermal fluid by containing approximately 550 mM/kg NaCl and varying 

amounts of dissolved Ca.  The stock solutions had a natural Ca isotope composition and 

excess Ca relative to SO4 to ensure that the majority of SO4 was sequestered during 

anhydrite precipitation.  Ca and SO4 were added as the salts CaCl2 and Na2SO4.  Since no 

other sources of SO4 were added, it is assumed that the mass of anhydrite does not change 

appreciably over the course of the experiments. 

 Importantly, these experiments utilized an isotope spike of enriched 43Ca to track 

reaction progress over time.  The enriched isotope spike overwhelms the natural isotopic 

composition and allows exchange between fluid and anhydrite to be tracked as a function 

of the fluid 43Ca values with increasing reaction time (Criss, 1999).  Given that natural 

isotopic fractionation will be negligible in comparison to the spike, this method does not 

require prior knowledge of the equilibrium isotope fractionation factor (Johnson et al., 

2004). 

 The 43Ca spike solution had 43Ca/42Ca = 37.61, a Ca concentration of 0.11 mmol/kg 

for experiment A and 0.35 mmol/kg for experiment B.  The 43Ca/42Ca ratio of the 

experimental spike is much larger than the natural ratio, 0.21 (DePaolo, 2004)   The spike 
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solution was injected with a Teledyne ISCO syringe pump at the pressure-temperature 

conditions of the experiments.  Each injection of anomalous 43Ca was followed by injection 

of ~1-2 g of 550 mmol/kg NaCl fluid in order to ensure that all of the spike solution entered 

the gold cell and to prevent anhydrite precipitation in the capillary exit tube. The entire 

experimental system was cooled and disassembled after experiment A.  Experiment C was 

initiated as an extension of experiment B by injecting a solution with 95 mmol/kg Ca and 

natural isotopic abundance to the contents of experiment B after the final sample of B. 

Upon termination of experiments A and C, anhydrite was filtered from solution within 

approximately 2 hours from the start of cooling.   

 Unlike in the phase separation experiments, the ISCO syringe pump did not 

maintain constant pressure during the isotope exchange experiments.  However, due to the 

small size of each sample (1-2 g) and the relatively large volume of spike injections (10-

15 g), the overall system pressure did not drop below 45.0 MPa, well above the two-phase 

boundary at this temperature, 30.6 MPa (Bischoff and Pitzer, 1989).  Upon addition of the 

43Ca spike, the autoclave and gold cell were rocked for 10 minutes to promote even 

distribution of the anomalous fluid.  The furnace was not rocked during the remainder of 

the experiment. 

 

3.3.3  Modern vent fluids 

 Fifty-one hydrothermal vent fluids from two different basalt-hosted systems (Juan 

de Fuca Ridge, East Pacific Rise 9-13ºN) were collected with HOV Alvin as part of 

multidisciplinary research cruises over the past 20 years (Seyfried et al., 2003; Foustoukos 
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and Seyfried, 2007a; Foustoukos et al., 2009; Pester et al., 2011; Pester et al., 2014).  Fluids 

were collected using two types of titanium gas-tight isobaric samplers (Seewald et al., 

2002; Wu et al., 2011), both of which minimize entrainment of bottom seawater during 

sampling.  These two samplers show good reproducibility of vent fluid chemistry when 

used in the same vent location.   Both samplers benefit from a thermocouple that is mounted 

along the side of the snorkel.  ICL communication (Bradley et al., 2001; Seewald et al., 

2002; Wu et al., 2011) with the thermocouple readout and sampler inlet valve ensures that 

the measured fluid temperature coincides with the sampled fluid.  On board ship, fluids for 

Ca isotope analysis were placed in acid-washed Teflon or low-density polyethylene bottles. 

 

3.3.4  Analytical measurements 

 Elemental concentrations of experimental and field samples were determined in 

the Aqueous Geochemistry laboratory in the University of Minnesota Department of Earth 

Sciences.   Inductively coupled plasma optical emission spectroscopy (ICP-OES) was used 

for cation analysis, while ion chromatography (IC) was used for anion determination.  

Uncertainty for the ICP-OES is 3% and 2% for IC (2).  pH (25°C, 1 atm) was measured 

using a Thermo-Ross electrode that was calibrated with pH 4, 7 and 10 buffers before each 

measurement.  No calculations were performed to compensate for the liquid junction 

potentials that may occur when measuring pH of high salinity samples (Knauss et al., 

1990). 

 Ca isotope compositions of all samples were measured on a Thermo-Fisher 

Neptune Plus multicollector-inductively coupled plasma mass spectrometer (MC-ICP-MS) 
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at Princeton University.  Samples for Ca isotope analyses were processed using an 

automated high-pressure IC system (Dionex ICS-5000+) and measured for 44Ca/42Ca and 

44Ca/43Ca ratios following previously published methods (Fantle and Tipper, 2014; Blättler 

et al., 2015; Husson et al., 2015).  All data are reported in delta notation relative to a known 

standard for Ca isotopes (Table 3.2) and measured 44/42Ca values were converted to 

44/40Ca values assuming mass-dependent fractionation with a slope of 2.05 and no excess 

radiogenic 40Ca (Fantle and Tipper, 2014).  43Ca values were calculated based on the 

reported 44/43Ca and 44/40Ca values.  Although almost all of the Sr2+ is separated from Ca 

during ion chromatography, we corrected for occasional small Sr2+ isobaric interferences 

in the Ca measurements using measurements at m/z=43.5 (doubly-charged 87Sr2+). With 

the exception of samples with 43Ca spikes, all measured Ca isotope compositions are 

plotted in three-isotope space (44/42Ca vs. 43/42Ca) to verify that the observed variability 

falls along the expected mass-dependent line (Fig 3.1).   

 Long-term external reproducibility for our measurements is based on the 

difference between two known standards taken through the full chemical procedure 

(column chromatography and mass spectrometry) with each batch of samples. Our 

measured 44/40Ca value for SRM915b relative to modern seawater is -1.18 ±0.08‰ (1σ, 

n=9), indistinguishable from published values determined by both MC-ICP-MS and TIMS 

(Fantle and Tipper, 2014).  All Ca isotope samples are reported relative to modern seawater 

(44/42Caseawater = 0.36 ±0.08‰ (1σ, n=9) and 44/40Caseawater = 0.02 ±0.11‰ (1σ, n=9)).  

44Caseawater = +1.92‰ on the SRM915a scale and +0.98‰ on the bulk silicate Earth (BSE) 

scale (Fantle and Tipper, 2014).  Reported errors are equal to that of standard SRM 915b 
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(for samples analyzed once) or 1 standard error of the mean (SE) for samples with replicate 

analyses.  For some samples with 43Ca spikes the reproducibility of the 44Ca/43Ca ratios 

was significantly worse than unspiked samples.  Although we cannot conclusively point to 

a cause, this added uncertainty in 44Ca/43Ca does not contribute significantly to the results 

presented here given the large signals observed in the 43Ca spike experiments.  In addition, 

two samples, B.1 and B.2, plot off the line, an artifact we attribute to contamination by a 

43Ca spiked sample during processing.  However, since experiment B was spiked with 

anomalous 43Ca after sample B.2 small deviations in samples B.1 and B.2 do not change 

the calculated mass balance.  

  Imaging and chemical analysis of the product anhydrite from all experiments were 

performed with a Hitachi SU8230 scanning electron microscope (SEM) equipped with a 

Thermo System 7 EDS, housed in the Characterization Facility at the University of 

Minnesota.  Images were taken with a 3.0 kV accelerating voltage, a probe current of 50 

pA and a working distance of 8-8.5 mm.  EDS spectra were acquired with a 15.0 kV 

accelerating voltage, probe current of 20 nA and a working distance of 15 mm (Appendix).  

 

3.3.5  Thermodynamic calculations 

 Aqueous speciation and activity calculations were performed using a 

thermodynamic database that accounts for the experimental temperature and pressure 

(410°C, 50.0 MPa) of the isotope exchange experiments.  The database was created using 

DBCreate (Kong et al., 2013), a software program that facilitates creation of 

thermodynamic databases at user defined pressure and temperature conditions.  The initial  
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Figure 3.1 δ44/43Ca versus δ44/42Ca for all samples with natural abundance Ca isotope 

composition. The natural abundance Ca isotope data from this study correlate well with the 

theoretical mass dependent fractionation line (slope ≈ 0.494). Circles represent 

experimental samples and squares represent natural vent fluids.  Error bars are 2 SE for 

δ44/43Ca and δ44/42Ca. 
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thermodynamic data and included aqueous species are consistent with SUPCRT92 

(Johnson et al., 1992).  The Helgeson-Kirkam-Flowers equations of state, and subsequent 

revisions, are used to extrapolate the necessary thermodynamic properties (Helgeson and 

Kirkham, 1974; Helgeson et al., 1981; Tanger and Helgeson, 1988) to experimental 

conditions and the extended Debye-Hückel equation is used to calculate activity 

coefficients of charged species.  The standard state for pure minerals and pure water is unit 

activity, while the standard state of aqueous components is unit activity in a hypothetical 

one molal solution, referenced to infinite dilution.  The modified database is compatible 

with Geochemist’s Workbench (Bethke, 2008) and the measured concentrations of the 

dissolved components, Ca, Na, Cl, SO4 and pH25°C, serve as inputs to the appropriate mass 

action and charge balance equations. 

 

 Results 

3.4.1 Phase separation experiments 

 NaCl concentrations from phase separation experiments performed as part of this 

study agree well with predictions based on the numerical model of Driesner (2007) and 

Driesner and Heinrich (2007) and indicate equilibrium conditions for the NaCl-H2O system  

(Fig 3.2, Table 3.1).  The agreement in NaCl concentrations also highlights the accuracy 

of the temperature and pressure control systems used in these experiments.  Dissolved Ca 

and SO4 concentrations follow a similar pattern to NaCl of enrichment in the liquid phase 

and depletion in the vapor phase relative to the single-phase fluid. 
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 Prior to phase separation in experiment 1, the 44Ca composition of the single-

phase fluid was -0.73‰ (Table 3.2).  Upon phase separation, the 44Ca of the vapor phase 

decreased to -0.82 and -1.10‰, while the coexisting liquid varied between, -0.69 and -

0.87‰.  In experiment 2, the 44Ca composition of the single-phase solution was -0.58‰, 

the vapor ranged from -0.68 to -0.83‰, and the liquid varied from -0.68 to -0.78‰.  In 

both experiments, the 44Ca signature of coexisting vapor and liquid pairs are the same.  

The product anhydrite from the two experiments displayed 44Ca = -1.42  0.03 ‰ (Exp. 

1) and -1.17 0.07 ‰ (Exp. 2). 

 The distribution of chemical species that is responsible for vapor-liquid isotopic 

fractionation has been shown to reach equilibrium within minutes to hours during phase 

separation at temperatures and pressures consistent with the present investigation (Bischoff 

et al., 1986; Pokrovski et al., 2005).  Therefore, in keeping with previous studies of vapor-

liquid isotopic fractionation (Liebscher et al., 2005; Liebscher et al., 2006; Rempel et al., 

2012), samples taken during the phase separation experiments were allowed to react for 

approximately 24 hours at constant pressure and temperature to ensure vapor-liquid 

isotopic equilibrium (Table 3.2).  Isotopic exchange rates in heterogeneous systems 

(mineral-fluid) are considerably slower, even at hydrothermal temperatures and pressures, 

than the homogeneous counterpart (fluid-fluid) (Cole and Chakraborty, 2001).  Thus, it is 

possible that the anhydrite did not precipitate from solution in isotopic equilibrium with 

the fluid (Johnson et al., 2004; DePaolo, 2011).  This will not change the magnitude of 

vapor-liquid isotope fractionation, which is ultimately controlled by the rapid distribution 

of aqueous species and their associated coordination chemistry.  It is, however, important  
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Figure 3.2 NaCl composition of all samples taken during the phase separation experiments 

plotted against the predicted isotherms (solid lines) of Driesner (2007) and Driesner and 

Heinrich (2007). NaCl concentrations are the average of measured Na+ and Cl-.  The good 

agreement between experimental data and model isotherms suggest the bulk matrix 

achieved chemical equilibrium and highlights the accuracy of the experimental pressure-

temperature system within error. 
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to determine the rate of Ca fluid-mineral exchange, which can best be accomplished for a 

single-phase fluid coexisting with anhydrite at a temperature consistent with the phase 

separation experiments. 

3.4.2 Isotope exchange experiments 

 In order to isolate the effects of isotopic mineral-fluid exchange from those 

associated with net precipitation or dissolution of anhydrite, experiments were run to 

chemical equilibrium prior to the injection of the 43Ca spike.  Equilibrium was assessed by 

comparison of the calculated Ca2+
(aq) and SO4

2-
(aq) activities with the theoretical fluid-

anhydrite phase boundary (Fig 3.3).  Predicted and measured Ca concentrations are within 

15% for all three experiments, and the results from experiments A and C plot close to the 

phase boundary, suggesting chemical equilibrium (i.e. anhydrite saturation) was achieved.  

For experiment B (Table 3.3), the reported SO4 concentration is below the analytical 

detection limit and is therefore replaced with the detection limit of 40 mol/kg.  Given the 

good agreement in predicted and measured Ca, experiment B also reached chemical 

equilibrium. That the fluid chemistry for this experiment suggests anhydrite under 

saturation reflects the difficulty of measuring such low SO4 concentrations.  pH (25°C, 1 

atm) varied between 5.12-5.93 and shows no apparent pattern with time.  Ca and SO4 

concentrations decreased after an injection as the result of mixing between fluids with 

slightly different Ca and SO4 compositions and the 550 mM/kg NaCl solution used to flush 

the reactor capillary tubing.  Speciation calculations confirm that post-injection samples 

were also anhydrite saturated.   
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 Fluid samples from all experiments containing isotopic spikes exhibit large 43Ca 

values (> 78‰, Table 3.3) and initial, t = 0, 43Ca compositions are calculated by linear 

regression of subsequent samples (see Appendix).  The 43Ca of the system (fluid + 

anhydrite) is calculated by mass balance using the 43Ca of the stock solution as the starting 

value and accounting for the injection of anomalous 43Ca and mass loss associated with 

sampling.  As expected, 43Ca of the solution decreased with reaction time as the 43Ca spike 

in the fluid exchanged with the natural abundance 43Ca in the anhydrite.  The decline in 

fluid 43Ca for experiments A, B and C are 52.7‰, 42.2‰ and 3.51‰, respectively.  

Experiment C displays a smaller range of 43Ca because the anhydrite had elevated 43Ca  

remaining from experiment B and the fluid 43Ca composition was lowered significantly 

by injection of natural abundance Ca (see experimental procedures).  The uncertainty in 

43Ca and small changes in these values between samples makes it difficult to 

unambiguously resolve the rate of Ca mass transfer in experiment C. 

 The dissolution of anhydrite during quench, as described below, makes the 

recovered anhydrite an unreliable constraint on the Ca isotopic composition of this phase 

and coexisting fluid at experimental conditions.  Nevertheless, ∆44Caanh-fluid can be 

calculated prior to injection of the 43Ca spike solution.  ∆44Caanh-fluid for experiments A and 

B are approximately -0.41‰ and -0.94‰, respectively.  The large difference between these 

values and the short amount of reaction time (<96 hours) indicate these isotopic 

fractionations are not indicative of equilibrium.  Experiment C is not included as 44Ca was 

altered by the presence of the spike in all samples in this experiment. 
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Figure 3.3 Fluid-anhydrite phase diagram at the pressure-temperature conditions of the 

isotope exchange experiments.  All three experiments plot near the phase boundary 

suggesting fluid-anhydrite chemical equilibrium was achieved. 
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 The extent of isotopic mixing between fluid and anhydrite, F, can be quantified as 

follows (Criss et al., 1987) 

F =  
δt

43Ca−δ0
43Ca

δΣCa
43 Ca−δ0

43Ca
                                 (3.1) 

where the subscripts 0 and t refer to the initial fluid composition (time of spike addition) 

and at any  subsequent sampling time, respectively.  The subscript Ca refers to the bulk 

composition (fluid and mineral) of the system.  Given that the anhydrite-fluid Ca isotope 

fractionation is expected to be small at experimental conditions, a highly enriched 43Ca 

spike justifies the use of  δΣCa
43 Ca in place of the equilibrium fluid 43Ca in equation 3.1 

(Johnson et al., 2004; Handler et al., 2014). 

 F is a parameter that expresses approach to equilibrium for a specific chemical 

system at well-defined pressure and temperature conditions and can be used to determine 

the order of a given reaction.  Previous studies of isotope exchange in both homogeneous 

and heterogeneous systems have been often described with first order reaction schemes 

(Cole et al., 1983; Johnson et al., 2004; Frierdich et al., 2014), although this is not always 

the case  (Graham, 1981; Johnson et al., 2002).  In keeping with previous studies that 

investigate isotopic exchange between NaCl-fluids and sulfate minerals (Kusakabe and 

Robinson, 1977; Chiba et al., 1981), we describe the relationship between F and time using 

a first order reaction  

ln(1-F) = -kt                                   (3.2) 

The rate constant, k, is calculated as the slope of a least squares fit to the data.  The R2 for 

the least squares fit was greater than 0.9 for all three experiments.  For experiments A, B, 
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and C, the rate constants calculated with equation 3.2 have units of hr-1 and are 6.9 10-4 

( 3.0 10-5), 1.2 10-3( 1.6 10-4), and 1.0 10-3 ( 1.0 10-4), respectively (Fig 3.4). 

Equation 2 can be modified in order to account for the dissolved Ca concentration 

ln(1-F) = - k [Ca] t                        (3.3) 

While previous studies (e.g. Criss et al. 1987) have included terms to account for moles of 

reactive isotope in each phase, we use a concentration term since it is the moles per gram 

(or mL) of water that ultimately determines the frequency of molecular collision and thus 

reaction rates (Lasaga, 1981a).  The three rate constants (kgsol’n mmol-1 hr-1) calculated 

using equation 3.3 are 5.8 10-5 ( 2.5 10-6), 5.3 10-5 ( 6.9 10-6), and 2.3 10-5 ( 2.4 

10-6), for experiments A (12 mM/kg Ca), B (23 mM/kg Ca) and C (45 mM/kg Ca), 

respectively.   The values from experiments A and B are averaged to give an overall rate 

constant of 5.6 10-5.  Using this average rate constant and the dissolved concentrations of 

experiments A and B in equation 3.3, 142 and 74 days, respectively, are required to achieve 

90% anhydrite-fluid isotope exchange.  The rate constant from experiment C is not 

included in the average, as it would unrealistically skew the result, since the value of F did 

not increase between experiments B and C after the same amount of reaction time (Table 

3.3).  It is important to remember that experiment C began as an extension of experiment 

B.  Given that the anhydrite surface area evolved differently in experiments A and B then  

it did in C, as discussed below, we do not directly compare the results of experiment C 

with those of A and B. 

 In many mineral-fluid isotopic and chemical exchange reactions, the surface area 

of the mineral contributes to the overall rate of exchange (Cole and Chakraborty, 2001;  
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Figure 3.4 First order kinetic representation of data from the isotope exchange experiments  

(eq. 3.2). The solid lines represent linear regressions through the data, the slope of which 

is equal to the rate constant for each experiment. 
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Brantley et al., 2008 and references therein).  SEM images of anhydrite from the present 

study demonstrate that the product anhydrite from the phase separation and isotope 

exchange experiments has acicular morphology and also shows clear evidence of 

dissolution (Fig 3.5).  The isotope exchange experiments were designed specifically to 

measure in-situ fluid chemistry and dissolution was predictable given the relatively long 

amount of time (2 hours) needed to cool the steel pressure vessel and gold reaction cell.  

About half as much anhydrite was recovered as expected, based on mass balance 

calculations of the first several samples. This indicates that the observed defects in the 

crystal structure almost certainly occurred during cooling.  Crystals that appear to be 

completely intact measure between 1-1.5 mm in length, while smaller crystals present in 

the image are interpreted to have broken mechanically during post experiment processing.  

Given that anhydrite in the experiments (isotope exchange (A and B) and phase separation) 

formed by heating of Ca and SO4 rich fluid, the evolution of surface area over the course 

of the experiments (heat up and constant temperature recrystallization) is assumed to be 

equal.  That the Ca normalized rate constants for experiments A and B, 5.8 10-5  2.5 10-

6 and 5.3 10-5  6.9 10-6 (kgsol’n mmol-1 hr-1), are the same within error also suggests that 

differences in surface area did not substantially alter the rate of exchange.  

 In lieu of direct measurements, the surface area of the pristine anhydrite crystals 

in all experiments can be estimated geometrically as a right rectangular prism.  Based on 

the SEM images, the dimensions chosen are 1250  100  60 µm, yielding a surface area 

of 4.12 10-3 cm2 and a volume of 7.5 10-6 cm3.  The density of anhydrite is 2.98 g/cm3 
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(Palache et al., 1951), which together with our calculated volume and surface area gives a 

specific surface area of 1.84 10-2 m2g-1
. 

 As demonstrated by Chiba et al. (1981), a decrease in the solution pH increases 

the rate of O isotope exchange between fluid and anhydrite.  These authors hypothesize 

that the activity of H+ plays a fundamental, but uncertain, role in exchange kinetics.  

Thermodynamic modeling using measured element concentrations indicate that at 

conditions of our experiments the in-situ pH is 5.95, 5.83 and 5.78 for experiments A, B 

and C, respectively.  Thus, differences in pH between experiments are insufficient to alter 

the rates of exchange in this study.  

 

3.4.3  Vent fluid Ca isotopes 

 The Ca isotope compositions (44Ca) of hydrothermal vent fluids (n=51) issuing 

from East Pacific Rise (EPR) 9-13°N and Juan de Fuca Ridge (JdFR) vary between 0 to -

1.2‰ (SW) and exhibit a clear linear correlation with the dissolved Mg/Ca ratios (Fig 3.6).  

The extrapolated end-member (Mg/Ca = 0) 44Ca for the entire data set is -1.04‰ and end-

member 44Ca for each vent site vary from -0.98 to -1.12‰ (Table 3.4).  Complete vent 

chemistry for MEF (1999 and 2005), EPR 9°N (2004 and 2008) and EPR 13°N (2008) 

have been published previously (Seyfried et al., 2003, Foustoukos and Seyfried, 2007a, 

Foustoukos et al., 2009, Pester et al., 2011, and Pester et al., 2014).  
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Figure 3.5 SEM image showing representative anhydrite crystals from isotope exchange 

experiment A. The product anhydrite from both phase separation (not shown) and isotope 

exchange experiments are similar in size and morphology and therefore surface area is not 

explicitly accounted for in the rate law.  The crystals show signs of dissolution and post 

experiment fracturing and therefore the original surface area is estimated as a right 

rectangular prism. 
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Figure 3.6 δ44Ca values for vent fluids from four different hydrothermal sites and the 

modern seawater standard plotted against the respective Mg/Ca ratios.End member fluids 

(Mg/Ca approaching 0) show δ44Ca values that agree with the MORB value, -1.02 ± 0.18 

‰ (SW).  Linear regression of all data yields δ44Ca = -1.04 ± 0.03 ‰ (SW).  For each vent 

site, samples with Mg/Ca < 0.2 were averaged to improve the clarity of this figure. MEF = 

Main Endeavor Field, Juan de Fuca Ridge, Axial = Axial Caldera, Juan de Fuca Ridge, 

EPR = East Pacific Rise. 
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 Discussion 

3.5.1 Anhydrite-fluid Ca isotope exchange 

 In order for Ca isotopes to be used effectively as geochemical and environmental 

proxies, the mechanisms that produce mineral-fluid fractionation must be well understood.  

Ca isotope fractionations between minerals, primarily calcite, and aqueous solutions have 

been interpreted to represent both kinetic (Tang et al., 2008; DePaolo, 2011; Brown et al., 

2013) and equilibrium (Bullen et al., 2003; Marriott et al., 2004) fractionation.  Inherent to 

the discussion regarding kinetic or equilibrium fractionation is the mechanism and rate at 

which Ca isotopes exchange between coexisting reservoirs.  Such data are limited for the 

Ca system at ambient and elevated temperatures, but necessary to inform our interpretation 

of observed experimental and natural Ca isotope systematics.      

At the elevated temperature (410°C) of the isotope exchange experiments, both 

recrystallization and diffusion could potentially control isotopic mixing between fluid and 

anhydrite.  Comparison of the rate constants (eq. 3.2) regressed from this study with that 

of another study that investigated fluid-anhydrite O exchange at a range of hydrothermal 

temperatures shows good agreement characterized by largely similar temperature 

dependence (Fig 3.7, Chiba et al., 1981).  Below 200°C diffusion is likely too slow to 

control exchange rates (Chacko et al., 2001; Johnson et al., 2004).   Therefore the linear 

trend is important in that it demonstrates a single exchange mechanism, recrystallization 

(Chiba et al., 1983), dominates across the entire temperature range (100-550°C) 

investigated.  The range of activation energies calculated by Chiba et al. (1981), 10-11 

kcal/mol, also suggests recrystallization as the dominant mechanism of exchange (Lasaga, 
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1981a).  Experiments in which diffusion is the dominant exchange mechanism generally 

have activation energies between 20-30 kcal/mol (Lasaga, 1981b).   

It is noteworthy that the rate of recrystallization in the isotope exchange 

experiments varies with different dissolved Ca concentrations (Fig. 3.8).  Previous 

experiments have purposefully changed mineral solubility by altering the NaCl (or other 

salt) content in order to investigate the effect on oxygen isotope exchange (Chai, 1975; 

Cole et al., 1992).  In these studies, an increase in mineral solubility dramatically increased 

the rate of oxygen isotope exchange between fluid and either granite or calcite.  Anhydrite 

solubility in our experiments is extremely low at 410°C owing to the well-known 

retrograde solubility.  The presence of excess Ca in the fluid also prevents significant 

dissolved SO4 from accumulating. The low solubility notwithstanding, our results suggest 

that changes in the concentration of the dissolved components can produce measurable 

effects on isotope exchange rates, even in systems at chemical equilibrium.  This is in 

keeping with experiments performed in both the S and O isotope systems (Kiyosu, 1973; 

Ohmoto and Lasaga, 1982; Cole et al., 1983; Syverson et al., 2015). 

 As an example of the utility of isotopic exchange rate data, the extent of Ca isotopic 

mixing between anhydrite and fluids in the phase separation experiments is assessed.  The 

phase separation experiments reacted for approximately 24 hours at each individual 

pressure and temperature and experiments 1 and 2 cumulatively lasted 185 and 207 hours, 

respectively (Table 3.2). Calculations indicate that after 24 hours, roughly 5% of the Ca in 

the anhydrite exchanged with the fluid phase (see Appendix).  After 185 and 207 hours, 

between 10 to 14% Ca in the anhydrite exchanged.  These are minimum values given that 

they were calculated at 410°C and the phase separation experiments took place at 420 and 
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450°C. Additionally, the phase separation experiments involved fluid:anhydrite Ca mole 

ratios of approximately 2 and 3. These ratios are higher than in the isotope exchange 

experiments and would also increase the rate of anhydrite-fluid Ca isotope exchange 

(Handler et al. 2014).  Altering the fluid Ca concentration in experiment B to impose a 

fluid:anhydrite Ca ratio of 3 increases the percent of anhydrite Ca exchanged by the same 

factor, so that after 185 or 207 hours there is approximately 45% exchange.  While difficult 

to calculate the exact amount of exchange that occurred in the phase separation 

experiments, the lack of change in the isotopic composition of the vapor and liquid, 

particularly in experiment 2 (450°C), suggests that significant variation would be unlikely 

if the experiments had reacted further. 

 

3.5.2 Ca isotope systematics in mid-ocean ridge hydrothermal systems  

Previous studies have produced contrasting interpretations of Ca isotope 

fractionation in mid-ocean ridge hydrothermal systems.  Zhu and Macdougall (1998) 

suggest that fractionation is negligible due to the high temperatures involved.  Amini et al. 

(2008) argue that the difference between end member hydrothermal fluid 44Ca and host 

rock 44Ca at the Logatchev vent field results from Ca fractionation during anhydrite 

precipitation.  Phase separation produces vapors that are enriched in the heavy isotopes of 

Fe, Cl, B and H relative to the source fluid (Berndt et al., 1996; Liebscher et al., 2005; 

Liebscher et al., 2006; Syverson et al., 2014).  A similar pattern in the Ca system could be 

another mechanism by which end member vent fluids display heavier 44Ca relative to that 

of the host rock. 
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End-member vent fluids taken from EPR 9º50’N and JdFR show 44Ca that do not 

vary substantially with total dissolved Cl concentration.  As an example, the end-member 

44Ca for Axial (JdFR, 2014) is -1.12‰ and Cl concentrations from these vents are always 

greater than seawater.  In contrast, vents sampled at EPR 9°50’N (2008) have less than 

seawater chlorinity and the end-member 44Ca= -1.00‰ (Table 3.4).  The natural vent 

samples coincide with our experimental results that indicate significant Ca isotope 

fractionation does not occur between vapor-liquid pairs (Fig. 3.9) within the pressure and 

temperature ranges investigated (31.0-37.5 MPa, 420°C and 36.0-46.0 MPa, 450°C).  

These conditions were chosen because similar conditions prevail for seafloor vent systems 

during steady state intervals between magmatic activity (Fontaine et al., 2009; Pester et al., 

2014). 

A large dataset now exits indicating that the 44Ca composition of MORB is -1.02 

 0.18‰ (SW) (Wombacher et al., 2009; Amini et al., 2009; Schiller et al., 2012; Colla et 

al., 2013; Valdes et al., 2014; Lehn and Jacobson, 2015; Feng et al., 2017).  The 44Ca 

composition of end-member vent fluid samples from the present study all lie within the 

MORB field (Fig. 3.6), as do end-member fluids from the Logatchev hydrothermal field, -

0.95  0.07 ‰ (SW) (Amini et al., 2008), and 17° to 19°S on the East Pacific Rise, -1.00 

 0.05 ‰ and -1.11  0.05 ‰ (SW) (Schmitt et al., 2003).  That mid-ocean ridge vent fluids 

record MORB 44Ca substantiates previous work (Zhu and Macdougall, 1998) that 

indicates that the primary effect of modern MOR hydrothermal systems is to trap seawater 

Ca and release mantle Ca to the ocean.   
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Isotopic and chemical measurements from MOR hydrothermal systems indicate 

that the hydrothermal fluid interacts with fresh basalt.  Field and experimental studies have 

shown that the constancy and similarity of Li isotope compositions from MOR vent fluids 

along the EPR, JdFR, and Mid-Atlantic Ridge (MAR) can best be explained by alteration 

of fresh basalt (Chan et al., 1992; Seyfried et al., 1998; Foustoukos et al., 2004).  Reaction 

between low-temperature seawater and basalt results in altered basalt that is enriched in 7Li 

relative to the fresh rock (Chan et al., 1992).  This isotopic fractionation is useful in that it 

creates distinct Li isotope compositions between altered and unaltered basalt that can be 

used to assess sources of vent fluid Li.  Fluids venting at EPR, JdFR and MAR record Li 

isotopic signatures consistent with alteration of fresh basalt; there is no evidence for 

interaction of fluid with weathered basalt based on Li isotope compositions, regardless of 

the dissolved Cs/Rb ratio (Chan et al., 1993; Foustoukos et al., 2004).  Elevated vent fluid 

Cs/Rb ratios have been used as evidence that fluids interact with altered basalt in some vent 

systems and fresh basalt in others (Palmer and Edmond, 1989).  However, fluid reaction 

with altered basalt should express itself in both Li isotopes and Cs/Rb ratios given that all 

three elements leach similarly from the rock (Seyfried et al., 1998).  Cs/Rb ratios may vary 

between vent sites as a result of processes such as differing Cs and Rb behavior during 

alteration above 400°C (Volfinger, 1976; Berndt, 1987).  Li, Rb, and Cs readily dissolve 

into hydrothermal fluid, leaving behind a rock depleted in these elements (Seyfried et al., 

1998).  The constant concentration of these three elements in vent fluids over time also 

demonstrates progressive infiltration of hydrothermal fluids into fresh basalt (Seyfried and 

Shanks, 2004).  These data justify the use of 44Ca of unaltered MORB as the host rocks 

at EPR and JdFR. 
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As demonstrated by Amini et al. (2008), precipitation of anhydrite during mixing 

of seawater and hydrothermal fluid will fractionate Ca isotopes.  This fractionation will 

undoubtedly sequester light Ca (relative to the mixed seawater-hydrothermal fluid) in the 

shallow ocean crust, thereby affecting the composition of Ca isotopes that reach the ocean.  

The extent to which anhydrite precipitation alters the hydrothermal fluid Ca isotope flux to 

the ocean will require quantification of the size and isotopic composition of the global 

anhydrite reservoir.  It should be noted, however, that anhydrite precipitation during any 

type of mixing (and the resultant Ca isotope fractionation) does not alter the end member 

hydrothermal fluid 44Ca.  By definition, the chemical and isotopic composition of an end 

member fluid (0 mM/kg Mg) results from fluid-mineral reactions and phase separation at 

depth before any mixing occurs (e.g. Bischoff and Seyfried, 1978; Von Damm et al., 1985).  

It is also not possible to precipitate anhydrite directly from end member fluid.  

Experiments, sulfur isotopes and analysis of drill core all indicate the presence of anhydrite 

at depth (Seyfried and Ding, 1995; Ono et al., 2007; Alt et al., 2010).  Thus, end member 

fluids are anhydrite saturated at depth and become progressively under saturated as they 

rise and cool due to the retrograde solubility of anhydrite. 

 Further research is necessary in order to rigorously quantify the reactions that result 

in the observed 44Ca of MOR hydrothermal fluids.  Of particular interest are 

measurements of Ca isotope systematics between plagioclase, diopside, epidote, and 

coexisting fluid.  These three minerals are primary hosts for Ca in MORB and control the 

Ca concentrations of vent fluids (Berndt et al., 1988; Seyfried et al., 1988) and likely the 

fluid Ca isotopic signature.  Non-zero equilibrium Ca isotope fractionation has been 

documented at 1000°C between coexisting clinopyroxene-orthopyroxene (Huang et al., 
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2010; Feng et al., 2014), suggesting a similar pattern may exist between minerals and fluid 

in MOR hydrothermal systems.  If non-zero equilibrium Ca isotope fractionation is 

confirmed, the lack of fractionation observed in MOR systems would be due to kinetic 

effects.  Fluid residence times at temperatures above 200°C have been estimated between 

1-2 years at Main Endeavor Field, JdFR based on 228Ra/226Ra activity ratios (Kadko and 

Butterfield, 1998), whereas sulfur isotope systematics from EPR and Mid-Atlantic Ridge 

vent sites indicate fluids reside at temperatures above 400°C for a maximum of several 

days (Ohmoto and Lasaga, 1982; Ono et al., 2007).  Ca isotope disequilibrium is therefore 

possible given the time (minimum of 74 days) necessary to achieve 90% fluid-anhydrite 

Ca isotope exchange, as determined in the present study.  Additionally, at 300°C, a 

minimum of 200 years is necessary for O isotope equilibrium between NaCl fluids and 

aluminosilicate minerals (Cole et al., 1992).  Given the similar rates of Ca and O isotope 

exchange between anhydrite and fluid (Fig. 3.7), the results of Cole et al. (1992) 

demonstrate that Ca isotope exchange between fluid and igneous minerals may be 

considerably slower than between anhydrite and dissolved Ca.  

 

 Conclusions 

Phase separation experiments performed in the CaSO4-NaCl-H2O system indicate 

that there is insignificant Ca isotope fractionation between coexisting vapors and liquids at 

elevated temperatures and pressures.   The rate data indicate that at 410°C, 50 MPa a 

minimum of 74 days are necessary to achieve fluid-anhydrite Ca isotopic equilibrium.  The 

data also show that at relatively constant SO4 concentration the rate of Ca isotope exchange 

increases with higher total dissolved Ca, suggesting the importance of concentration on 
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isotopic exchange in systems at chemical equilibrium.  Applying the rate data to the phase 

separation experiments indicates that significant changes in the isotopic composition of 

either anhydrite or the vapor and liquid are unlikely with more reaction time.  

End member fluid samples from basalt-hosted seafloor hydrothermal systems along 

the Juan de Fuca Ridge (Main Endeavor Field and Axial Volcano) and East Pacific Rise 

(9°50’N and 13°N) have 44Ca that range between -0.98 to -1.13‰ (SW).  Within 

analytical error, there is no observable Ca isotope fractionation between end member fluid 

and host rock, MORB. Together, the phase separation experiments and vent fluids indicate 

that neither phase separation nor fluid-rock reactions at depth fractionate Ca isotopes in 

high temperature basalt-hosted vent systems. 
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Figure 3.7 Comparison of rate constants calculated with equation 3.2 for Ca and O 

anhydrite-fluid isotope exchange (Ca, solid markers; O, open markers, Chiba et al., 

1981).The linear trend across the entire temperature range suggests a common exchange 

mechanism in all experiments.  The range of activation energies, 10-11 kcal/mol, from the 

O experiments is indicative of recrystallization. 
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Figure 3.8 F (eq. 3.1) as a function of time for the isotope exchange experiments.Symbols 

show the data points from the three experiments, while the dashed lines represent equation 

3, calculated with the average rate constant (5.6 ×10-5 mmol-1 kg hr-1), and the Ca 

concentration from experiments A and B.  The overall rate of fluid-anhydrite Ca isotope 

exchange increases with increasing total dissolved Ca between experiments A and B. 
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Figure 3.9 δ44Ca values as a function of pressure for phase separation experiments at 420oC 

and 450oC.Within analytical error, there is no Ca isotope fractionation between vapor and 

liquid within the pressure-temperature ranges investigated.  The chosen P-T conditions are 

representative of many fast-spreading hydrothermal systems during steady state.  The lack 

of vapor-liquid fractionation is consistent with natural vent fluids that record MORB 

δ44Ca, regardless of dissolved Cl concentration. 
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Figure 3.9 (continued) 
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Table 3.1 Chemical composition of phase separation experiments 

Pressure (MPa) Phase Na (mM) Cl (mM) Ca (µM) SO4 (µM) pH 25ᵒC

Expt 1 420
o
C 

stock solution 563.14 603.2 44000 22600 5.63

1.3 37.5 1 phase 559.7 580.5 19500 BDL 5.84

1.4 32.5 vapor 160.6 156.7 2479 BDL 4.54

1.5 32.5 liquid 1859.0 2054.9 80300 415 7.54

1.6 31.7 liquid 2183.0 2393.7 88100 612 6.26

1.7 31.7 vapor 121.9 132.0 1765 BDL 4.47

Expt 2  450
o
C 

stock solution 927.2 1052.9 81116 19800 5.45

2.1 46.0 1 phase 886.5 994.1 58163 169 4.74

2.2 40.5 vapor 315.1 328.5 8100 290 3.51

2.3 39.5 vapor 213.6 222.0 3400 225 3.4

2.4 38.5 vapor 149.7 152.9 1400 BDL 3.4

2.5 37.5 vapor 111.1 111.9 700 BDL 3.43

2.6 40.5 liquid 2987.9 3161.7 86320 1600 5.87

2.7 39.5 liquid 3127.1 3310.0 85900 1700 6.29

2.8 38.5 liqud 3555.0 3746.2 98100 2500 6.5

2.9 37.5 liquid 4029.8 4217.9 110500 3700 7.15

mM = mmol/kg solution µM = µmol/ kg solution 
BDL = below detection limit
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Table 3.2 Isotopic composition of phase separation experiments 

Sample Rxn time (hrs) Pressure (MPa) Phase δ
44/42

 Ca 1 SE δ
44/43

 Ca 1 SE δ
44/40

 Ca 1 SE N

Expt 1- 420
o
C

Stock Solution -0.11 -0.04 -1.10 1

1.3 -- 37.5 1 phase 0.08 0.02 0.01 0.05 -0.73 0.03 2

1.4 19.75 32.5 vapor 0.03 0.03 -0.02 0.01 -0.82 0.04 2

1.5 21.00 32.5 liquid 0.09 0.02 0.03 0.02 -0.69 0.03 2

1.6 72.25 31.7 liquid 0.01 0.02 0.00 0.01 -0.87 1

1.7 72.25 31.7 vapor -0.18 -0.13 -1.10 1

-0.29 0.01 -0.21 0.01 -1.42 0.03 2 Anhydrite

Expt 2- 450
o
C

Stock solution 0.00 0.01 -0.03 0.01 -0.67 0.13 2

2.1 12.75 46.0 1-phase 0.04 0.03 0.06 0.08 -0.58 0.09 2

2.2 23.75 40.5 vapor -0.06 0.08 -0.04 0.07 -0.78 0.01 2

2.3 23.00 39.5 vapor 0.03 -0.03 -0.83 1

2.4 25.75 38.5 vapor -0.04 -0.02 -0.69 1

2.5 28.00 37.5 vapor -0.03 -0.06 -0.68 1

2.6 24.00 40.5 liquid 0.09 0.06 -0.71 1

2.7 24.00 39.5 liquid 0.03 0.03 -0.78 1

2.8 22.50 38.5 liquid -0.04 0.05 -0.07 0.03 -0.74 0.06 2

2.9 23.25 37.5 liquid -0.01 0.03 -0.04 0.07 -0.68 0.09 2

Anhydrite -0.18 -0.22 -1.17 1

Ca isotopes expressed as δ
X
Ca = [(R

x/40
/R

x/40
SW)-1]× 1000 (‰) x= 43 or 44 and SW refers to the modern seawater standard

Samples analyzed only once are assigned the error (1σ) of standard SRM915b in the same analytical session,

δ
44/42

 = 0.04‰, δ
44/43

 = 0.05 ‰, δ
44/40

 = 0.08‰
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Table 3.3 Chemical and isotopic composition of isotope exchange experiments 

Sample

Rxn 

(hrs) Ca (mM) SO4 (µM) δ
44/42

 Ca 1 SE δ
44/43

 Ca 1 SE δ
44/40

 Ca 1 SE δ
43/40

 Ca 1 SE N F (%)*

Experiment A

Stock Solution 44.0 22600 -0.11 -0.04 -1.11 1

19.6 199 0.11 0.01 -0.57 1

19.3 96 0.15 0.04 -0.57 1

18.8 69 0.09 0.00 -0.69 1

A.1

A.2

A.3

A.4 18.6 64 0.05 0.01 -0.04 0.01 -0.56 0.02 2

Spike 0 0.11 BDL

0.75 12.5 57 4.14 7.66 411.23 1 0.09

3.5 12.8 53 3.94 7.27 0.17 395.61 0.54 2 0.33

7 12.5 51 3.83 7.09 0.01 383.71 1.50 2 0.77

20 12.5 48 3.94 7.58 390.21 1 2.24

A.5

A.6

A.7

A.8

A.9 44.25 12.4 47 3.90 7.17 383.29 1 4.64

92.25 12.3 45 3.72 6.80 373.61 1 7.87

169.8 12.0 BDL 3.56 6.65 0.14 360.85 0.45 2 12.04

A.10

A.11

A.12 282.8 11.8 BDL 3.46 6.43 0.03 342.84 0.86 2 17.82

A-Anhydrite -0.08

-285.87

0.08 -278.26 0.25

0.02 -272.18 0.79

-275.23

-271.90

-267.04

0.15 -260.28 0.22

0.06 -250.52 0.48

-13.57 -0.97 12.77 1
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Table 3.3 (continued) 

46.9 18500 0.00 -0.09 -0.89 1

27.5 BDL 0.16 -0.39 -0.51 1

Experiment B

Stock Solution

B.1

B.2 27.1 BDL 0.21 -0.48 -0.40 1

Spike 0.0 0.35 BDL

0.9 23.5 BDL 3.68 6.72 354.88 0.37

6.3 23.9 BDL 3.20 5.76 0.06 310.81 0.19 2 2.22

22.3 23.6 BDL 3.06 5.45 301.37 1 8.65

32.7 23.6 BDL 3.04 5.50 296.72 1 11.51

48.5 23.3 BDL 3.00 5.39 0.08 296.12 0.20 2 11.55

74.3 23.0 57 3.09 5.52 0.19 291.45 1.19 2 14.15

B.3

B.4

B.5

B.6

B.7

B.8

B.9 243.3 22.8 53 2.77

-256.97

0.02 -232.72 0.10

-227.39

-224.58

0.06 -224.31 0.10

0.10 -221.40 0.70

-207.75 4.88 268.39 1 27.81
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Table 3.3 (continued) 

Experiment C 

NIS 0 94.9 BDL 0.06 0.08 -0.01 0.01 -0.72 0.04 2

1.25 46.3 55 0.89 1.03 79.74 1 0.41

5.25 45.9 56 0.80 0.82 81.53 1 8.53

20.50 45.4 52 0.90 0.51 1.18 0.08 81.97 0.43 2 4.89

29.75 45.1 56 0.93 1.10 81.29 1 9.71

46.75 44.5 55 0.81 0.92 81.30 1 9.20

56.75 44.3 51 0.87 0.96 80.37 1 15.09

72.00 44.0 50 0.84 0.92 80.50 1 13.65

96.25 47.9 52 0.85 0.93 80.22 1 14.76

C.1

C.2

C.3

C.4

C.5

C.6

C.7

C.8

C.9 242.25 45.8 BDL 0.80 0.80 78.02 1 27.01

C- Anhydrite 0.43

-72.90

-74.63

0.07 -74.67

-74.16

-74.34

-73.50

-73.65

-73.40

-71.63

-51.71 0.08 54.61 1

mM = mmol/kg of solution, uM = µmol/kg of solution

* (%) calculated with adjusted δ
43

Ca

NIS = Natural injection solution, solution of natural δ
43

Ca injected to reset bulk elemental and isotopic Ca

Samples analyzed only once are assigned the  1 SE of standard 915b in the same analytical session, 

δ
44/42

 = 0.04‰, δ
44/43

 = 0.05 ‰, δ
44/40

 = 0.08‰

1 SE for δ
43/40

 Ca for samples analyzed once is 0.67‰, the average of the measured errors



82 

Table 3.4 Chemical and isotopic composition of natural vent fluids 

Sample Mg/Ca Cl δ
44/40

Ca δ
44/42

Ca δ
44/43

CaMg Ca 

(mM) (mM) (mM)  ± 0.08 ‰  ± 0.04 ‰  ± 0.05 ‰

BGT3478 2.8 32.5 0.1 447.0 -1.11 -0.18 -0.10

M3470A 13.3 26.5 0.5 446.0 -0.99 -0.10 -0.06

BGT3470 5.8 12.7 0.5 239.0 -0.86 -0.05 -0.06

M3470D 29.0 11.9 2.4 398.0 -0.58 0.21 0.08

BGT3474 2.4 1.3 1.8 54.0 -0.79 0.00 0.01

M3474A 8.1 2.4 3.4 109.0 -0.34 0.22 0.10

M3474B 2.5 2.3 1.1 62.0 -0.87 -0.05 -0.05

BGT3480 52.9 10.5 5.0 534.0 0.05 0.40 0.17

-1.10

M4132-23 2.5 35.5 0.1 -0.99 -0.10 -0.08

IGT4134-5 1.1 28.7 0.04 459.0 -1.13 -0.17 -0.15

IGT4139-2 1.5 27.0 0.1 459.0 -1.00 -0.12 -0.14

IGT4139-4 1.3 29.2 0.0 463.0 -1.10 -0.15 -0.07

IGT4148-5 1.9 34.6 0.1 489.0 -1.03 -0.10 -0.09

MEF, 1999

Hulk

Dante

Bastille

Bastille

Cantilever

Cantilever

Sully 

Sully 

End member

MEF, 2005

Dudley

Puffer

Sully

Bastille

S+M (flange)

Easter Island IGT4142-4 48.2 13.2 3.7 540.0 -0.30 0.23 0.02

IGT4142-5 3.2 28.8 0.1 494.0 -1.18 -0.19 -0.07

M4140-11 4.3 49.6 0.1 -1.10 -0.14 -0.10

CGT4143 2.0 50.7 0.0 -1.07 -0.13 -0.03

Easter Island

Mothra (H H)

Mothra (F T)

End member -1.09
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Table 3.4 (continued)

4743D 1.6 40.0 0.0 540.0 -0.99 -0.06 -0.03

4743C 5.6 24.6 0.2 456.0 -0.94 -0.07 0.03

4744 6-2 2.2 37.8 0.1 525.0 -0.83 -0.02 0.00

4743E 2.1 38.4 0.1 522.0 -1.09 -0.13 -0.08

4743 6-4 29.4 15.8 1.9 508.0 -0.56 0.10 0.06

4744 6-1 3.3 39.1 0.1 545.0 -1.03 -0.12 0.01

4743 6-5 4.5 23.4 0.2 445.0 -0.89 -0.06 -0.06

-0.98

4739E 2.9 49.9 0.1 706.0 -1.12 -0.16 -0.02

4739D 2.0 49.4 0.0 706.0 -1.08 -0.14 -0.04

4739C 2.7 37.6 0.1 577.0 -1.11 -0.17 -0.11

4739B 2.4 38.2 0.1 581.0 -1.18 -0.15 -0.05

4741B 50.8 10.5 4.8 569.0 -0.09 0.34 0.15

4741C 2.1 36.8 0.1 577.0 -1.19 -0.15 -0.03

4741D 5.1 46.4 0.1 699.0 -1.05 -0.09 -0.05

4741E 2.0 39.2 0.1 584.0 -1.02 -0.10 -0.09

-1.12

1.9 13.9 0.1 313.0 -0.96 -0.07 0.01

49.3 10.1 4.9 520.0 0.04 0.39 0.18

29.3 9.9 2.9 366.0 -0.44 0.18 0.03

2.0 17.3 0.1 387.0 -1.01 -0.09 -0.07

2.6 5.9 0.4 165.0 -0.89 0.06 0.03

B9 - 4386 - IGT6

CS - 4394 - IGT6

TC - 4388 - IGT5

P - 4393 - IGT5

TI - 4393 - IGT6

TI - 4397 - IGT5 51.0 10.0 5.1 532.0 -0.04 0.40 0.17

MEF, 2014

Lobo

Bastille

Dante

TP

Sully Flange

Lobo

Puffer

End member

Axial, 2014

Mushroom

Inferno

Hell

Phoenix

Gollom

Hell

Inferno

Phoenix

End member

EPR 9
o
50'N, 2008

Bio 9

Crab Spa

Tica

P vent

Ty/Io

Ty/Io

End member -1.00
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Table 3.4 (continued) 

47.3 10.7 4.4 528.0 -0.19 0.28 0.06

39.1 12.9 3.0 519.0 -0.57 0.11 0.07

2.3 21.2 0.1 466.0 -0.94 -0.09 -0.05

41.8 11.8 3.6 525.0 -0.42 0.19 0.14

2.2 44.2 0.0 642.0 -1.06 -0.09 0.00

AC - 4391 - MW

DO - 4391 - MG

DO - 4392 - IGT5

Ph - 4392 - IGT6

GB - 4389 - IGT5

JX - 4392 - MG 34.9 11.4 3.1 473.0 -0.51 0.13 0.04

EPR 13
o
N, 2008

Actinoir

Dorian

Dorian

Ph

Grand Bonum

Jumeaux

End member -1.03

1.5 12.7 0.1 328.0 -1.15 -0.19 -0.12

30.7 11.9 2.6 454.0 -0.22 0.29 0.12

1.3 22.0 0.1 546.0 -1.11 -0.14 -0.08

46.2 11.4 4.1 -0.28 0.26 0.15

51.9 11.0 4.7 0.08 0.44 0.24

15.3 30.0 0.5 577.0 -1.04 -0.11 -0.06

IGT-3961-1

M - 3961 - 16

IGT - 3964 - 4

M - 3964 - 16

IGT-3961-3

M - 3972 - 15

M - 3969 - 16 3.5 10.6 0.3 292.0 -0.13 0.33 0.19

EPR 9
o
50'N, 2004

Bio9

Bio9

P Vent

Tica Hi-T

Tica-Lo-T

Q Vent

Bio9'

End member -1.13

mM = mmol/kg solution

MEF = Main Endeavour Field, Juan de Fuca Ridge

Axial = Axial Caldera, Juan de Fuca Ridge

EPR = East Pacific Rise

Reported isotopic errors are 1 SE
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 Summary 

Thermodynamic predictions of fluid-mineral equilibria significantly expand our 

ability to test hypotheses regarding mass and heat transfer in geological systems. In many 

cases, successful development of thermodynamic models relies heavily on experimental 

measurements. A dearth of experimental data in low-density hydrothermal fluids has 

prevented calculation of fluid-mineral equilibria at the most extreme temperature-pressure 

conditions associated with mid-ocean ridge hydrothermal systems. This study compares 

newly attained anhydrite solubility measurements in low-density NaCl-H2O fluids (410 ºC, 

25–32 MPa and 450 ºC, 36.3–50 MPa) with novel thermodynamic calculations. To address 

the lack of equilibrium constants at the precise temperature-pressure conditions of the 

experiments, data are extrapolated from reference conditions as a linear function of the 

logarithm of water density. Several solubility calculations are performed that vary in the 

choice of aqueous speciation and activity coefficient model. There is overall good 

agreement between experimental observations and thermodynamic predictions, indicating 

the potential for accurate assessment of fluid-mineral equilibria in low-density fluids. 

However, speciation calculations are non-unique, highlighting uncertainties in aqueous 

speciation and calculation of activity coefficients that will require further examination. 

This study represents an important first step in increasing the temperature-pressure 

conditions over which thermodynamic calculations of fluid-mineral equilibria are possible, 

with important implications for understanding mass and heat transfer in submarine 

hydrothermal systems.     
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 Background 

 Knowledge of the chemical evolution of mid-ocean ridge (MOR) hydrothermal 

fluid is necessary to understand numerous processes including ore deposition, oxidation of 

the oceanic crust, and elemental cycling between oceanic crust and seawater (Seyfried and 

Ding, 1995; Herzig and Hannington, 1995; German and Seyfried, 2014; Humphris and 

Klein, 2018). In many MOR systems, hydrothermal fluid encounters relatively low 

hydrostatic pressure (25 - 62.5 MPa) and high temperature (325 - 550 ºC; Von Damm, 

1995; McDermott et al., 2018). The high temperatures facilitate equilibration of vent fluid 

chemistry with the surrounding host rock and are therefore critical in the chemical 

evolution of vent fluids (Von Damm, 1990). To date, however, our understanding of fluid-

mineral reactions occurring at high temperature, low pressures conditions (Fig 4.1) is 

limited given the experimental challenges associated with such extreme conditions. The 

lack of experimental data inhibits development of theoretical models that describe heat and 

mass transport processes in the oceanic crust. 

At high temperature and high pressure, the Helgeson-Kirkham-Flowers equation of 

state (HKF EoS) is widely used to predict the composition and speciation of natural 

aqueous fluids (Helgeson and Kirkham, 1974a; Helgeson and Kirkham, 1974b; Helgeson 

and Kirkham, 1976; Helgeson et al., 1981; Tanger and Helgeson, 1988). While applicable 

to many geological systems, the HKF EoS is not valid for charged aqueous species between 

350 – 400 ºC, < 50 MPa, or at any temperature-pressure condition for which the density of 

pure water is less than 0.35 g/cm3 (Fig 4.1). These limitations stem from uncertainties  
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Figure 4.1 Graphical depiction of the temperature-pressure region relevant to mid-ocean 

ridge vent systems (dashed line). The thermodynamic properties of charged aqueous 

species can be described by the Helgeson-Kirkham-Flowers equation of state for a portion 

of the relevant temperature-pressure conditions (white shaded area). However, many fluid-

rock reactions occur within the high temperature, low pressure region (grey shaded area) 

to which no current equations of state apply. The boundary between the two regions 

correspond to the vapor saturation curve (< 350 ºC), the critical region of water (350-400 

ºC) and the 0.35 g/cm3 isochore at temperatures above 400 ºC. The solid vertical lines 

represent the temperature-pressure conditions from which the experimental data discussed 

in this study were collected. Figure modified from Driesner (2013). 
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associated with solute thermodynamics approaching the critical point of pure water, as well 

as with the empirical g function used to calculate the effective electrostatic radii of charged 

aqueous species (Johnson et al., 1992; Shock et al., 1992). MOR fluids vent to the seafloor 

between 350 - 400 ºC at pressures less than 50 MPa (Von Damm, 1995), and the pressure-

temperature conditions at the magma-hydrothermal interface, from which the vent fluids 

are ultimately derived, are often such that the density of water is less than 0.35 g/cm3 

(Fontaine et al., 2009; Scheuermann et al., 2018a). The HKF EoS can therefore provide 

mass action equations at conditions approaching, but not entirely consistent with, pressure-

temperature extrema encountered in axial vent systems (Fig 4.1). 

Another approach to extrapolate thermodynamic properties of aqueous species to 

elevated conditions is the density model. Franck (1956, 1961) was the first to recognize 

that, along an isotherm, the logarithm of the ionization constant of water is a linear function 

of the logarithm of water density over a wide range of pressure. Subsequent studies have 

shown that the equilibrium constants for many homogeneous (fluid-fluid; Quist and 

Marshall, 1968; Ho et al., 2000) and heterogeneous (fluid-mineral; Anderson et al., 1991; 

Dolejš and Manning, 2010) reactions also display a linear dependence on the logarithm of 

water density. At constant temperature, the relationship between an equilibrium constant 

and pure water density can be expressed as (Manning, 1998): 

log K = a + b log ρH2O                           (4.1) 

The a and b parameters were initially treated empirically and regressed from experimental 

conductivity and electrochemical measurements (Mesmer et al., 1988). More recently, 

Anderson et al. (1991) and Anderson (1995) derived equations that equate the a and b 
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parameters to known quantities, namely, the standard state enthalpy, entropy, and heat 

capacity of the aqueous species and minerals and the compressibility and thermal 

expansivity of water. Using 25 ºC, 1 bar as a reference state, Anderson et al. (1991) 

demonstrate the effectiveness of their approach to recreate experimentally determined 

equilibrium constants and mineral solubility up to 350 ºC along the vapor saturation curve. 

With slight modifications, Holland and Powell (1998) show that the equations of Anderson 

et al. (1991) also accurately predict the solubility of various aluminosilicates at 600ºC, 200 

MPa. At even higher pressures and temperatures (1000 MPa, 700 ºC), Manning (2013) 

demonstrates that the solubility of corundum in KOH-H2O can be predicted based on 

density extrapolations.  

These previous implementations of the density model, at the time of their 

publication, focused on conditions that either lie within the region of HKF EoS 

applicability or at significantly higher pressures than encountered in MOR hydrothermal 

systems. The validity of density extrapolations to high temperature, low pressure 

conditions remains unconstrained. However, data for several chloride salts suggests the 

density extrapolation approach may be a viable method to examine mineral-fluid equilibria 

in the high temperature, low pressure region. Specifically, association constants of NaCl0, 

HCl0, and KCl0, as determined by conductivity measurements in dilute (10-5-10-3 molal) 

aqueous solutions, are linear functions of the logarithm of water density at pressure-

temperature conditions relevant to MOR vent systems (e.g., Ho and Palmer, 1997; Ho et 

al., 2001). Linearity in experimentally measured association constants remains at 

temperatures (370 - 390˚C) approaching the critical point of pure water (Ho et al., 1994). 
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These results suggest that the equilibrium constants for other reactions (e.g., CaCl2
0 = Ca2+ 

+ 2 Cl-) may also display linear behavior, enhancing predictions of mineral solubility for a 

broader range of chemical systems. 

In this study, we explore how mass action equations, extrapolated as a function of 

the logarithm (log10) of pure water density, can be used to assess experimental anhydrite 

solubility in NaCl-H2O at conditions relevant to MOR vent systems. This study provides 

the first attempt to calculate the chemical composition of low-density NaCl-H2O fluids 

coexisting with a well-defined mineral buffer. These calculations provide proof of concept 

that thermodynamic data can be used to probe mineral-fluid equilibria in the most extreme 

pressure-temperature regions of MOR vent systems and elucidate specific topics that 

require further study. 

 

 Experimental data 

 Two anhydrite solubility experiments were performed as part of the present study. 

The first experiment was conducted at 410 ºC (26.5 – 32.0 MPa) and the second at 450 ºC 

(36.3 – 49.4 MPa). Given the starting bulk salinity of approximately 900 mmol/kgsolution 

NaCl (Table 4.1), the pressure conditions along both isotherms encompass conditions of 

single-phase fluid stability as well as vapor-liquid coexistence. Anhydrite solubility in the 

single phase fluids and vapors are reported here. NaCl concentrations in the vapors agree 

well with the numerical model of Driesner and Heinrich (2007) and indicate equilibrium 

conditions for the NaCl-H2O system (Fig. 4.A1). The experiments were performed in gold 

cell hydrothermal reactors (Seyfried et al., 1987) following procedures outlined in 
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Scheuermann et al. (2018b). Uncertainty in temperature and pressure are ± 3 ºC and ± 0.5 

MPa, respectively. Anhydrite precipitated from solution upon heating of the gold cell 

system, as indicated by the significant and equivalent drop in Ca2+ and SO4
2- concentrations 

between the stock solution and the first experimental samples (Table 4.1). After both 

experiments the anhydrite crystals were analyzed using scanning electron microscopy and 

energy dispersive x-ray spectroscopy (Fig. 4.A2). Anhydrite was the only phase present. 

The differences in dissolved Ca2+ and SO4
2-

 concentrations (Table 4.1) therefore stem from 

analytical limitations inherent to measuring low concentrations of Ca2+ and SO4
2- in 

concentrated saline fluids. For this reason we use the average of the Ca2+ and SO4
2- 

concentrations when comparing to thermodynamic calculations. Ca2+ was measured using 

inductively coupled plasma optical emission spectroscopy (ICP-OES) and SO4
2- was 

measured using ion chromatography (IC). Uncertainties, based on three measurements of 

each sample, for ICP-OES and IC are 6% and 4% (1σ), respectively. 

Anhydrite is a common mineral in marine hydrothermal systems in the modern 

ocean, playing a key role in the regulation of vent fluid redox state (Seyfried and Ding, 

1995; Ono et al., 2007) and in controlling the flux of Ca to the ocean (Amini et al., 2008; 

Antonelli et al., 2017; Syverson et al., 2018). Thus, the choice of anhydrite relates as much 

to its ubiquitous presence in seafloor hydrothermal systems, as it does to its compositional 

simplicity that lend strength to it for the purposes of the present study.  
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 Methods 

4.4.1 Activity coefficients and aqueous species 

 Databases compatible for use with Geochemist’s Workbench (Bethke, 2008) were 

modified to include density-extrapolated log K values (see Section 3.2). The databases are 

isothermal and the usual variation with temperature is replaced with variation in pressure. 

DBCreate was used to calculate the temperature and pressure dependent Debye-Hückel A 

and B parameters (Eqs. 4.2 and 4.3; Anderson and Crerar, 1993; Kong et al., 2013). The 

standard state for the solvent and minerals is the pure substance at the pressure and 

temperature of interest. Thermodynamic data for minerals and water are from SUPCRT92 

(Johnson et al., 1992). The standard state of aqueous components is unit activity in a 

hypothetical one molal solution, referenced to infinite dilution.   

Two different equations were used to calculate the activity coefficients for charged 

aqueous species. These are the Debye-Hückel equation:     

log γ𝑖 = −
𝐴𝑧𝑖

2√𝐼

1 + å𝑖𝐵√𝐼 
                          (4.2) 

and the Davies equation:  

log γ𝑖 = −
𝐴𝑧𝑖

2√𝐼

1 + √𝐼 
 + 𝐶𝐴𝑧𝑖

2𝐼                      (4.3) 

 

where I is the true ionic strength of the solution, å𝑖 and zi  are the pressure-temperature 

independent ion size parameters (Helgeson, 1969) and electrical charge, respectively, of 

the ith species, and C is set to 0.3. It is important to note that equation 4.2 does not include 

the extended term (B-dot), because reliable data for this parameter do not exist at the 
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conditions relevant to this study (e.g., Manning et al., 2013). As described in section 3.3, 

the Debye-Hückel equation or the Davies equation are used for all charged aqueous species 

in a given calculation.  The activity coefficients of neutral molecules are determined by the 

Setchenow equation: 

log γ0 = b0 I                          (4.4) 

where b0 is an experimentally determined coefficient and I is the true ionic strength 

(Anderson and Crerar, 1993). 

 Anhydrite solubility was calculated using the following aqueous species: Na+, Cl-

, Ca2+, H+, SO4
2-, OH-, NaCl0, NaOH0, HCl0, CaCl+, CaCl2

0, CaSO4
0,  CaOH+, NaSO4

-, 

HSO4
-, H2SO4

0, Na2SO4
0. This choice reflects the fact that at the physical conditions of 

interest, the low dielectric constant of water promotes formation of highly associated 

aqueous complexes (Mesmer et al., 1988). While charged higher order complexes (e.g. 

NaCl2
-) have been proposed (Oelkers and Helgeson, 1990), these complexes are not 

considered here, consistent with other mineral solubility studies at temperature-pressure 

conditions approaching the high temperature, low pressure region (Saccocia and Seyfried, 

1990; Fein et al., 1992; Ding and Seyfried, 1992; Walther, 1997).  

Anhydrite solubility experiments were performed without a mineral pH buffer 

because of the relative insensitivity of anhydrite solubility to pH. pHin-situ was calculated 

by charge balance (Bethke, 2008), with an error that relates to the maximum uncertainty in 

measured fluid chemistry, which is equivalent to approximately ± 0.5 log units. 
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4.4.2 log K extrapolation  

For the purposes of the present study, experimentally generated thermodynamic 

data alone do not exist to unambiguously assess anhydrite solubility at temperature and 

pressure conditions relevant to this study, requiring integration of data from other sources. 

The HKF EoS is a useful tool in that it can calculate equilibrium constants for the aqueous 

species relevant to anhydrite solubility at temperature-pressure conditions approaching the 

low-density boundary (Fig 4.1). Accordingly, equilibrium constants for all species except 

Na2SO4
0 were taken from the SUPCRT92 database (Johnson et al., 1992) and extrapolated, 

as discussed below. To consider Na2SO4
0, dissociation constants were extrapolated from 

available conductivity data that extend to 400 ºC (Hnedkovsky et al., 2005). The Na2SO4
0 

constants of Hnedkovsky et al. (2005) were fit as a function of temperature and density of 

pure water (Appendix). The form of the equation is the same as that used by Ho et al. 

(2000) to express the stability of neutral Cl complexes. 

Hnedkovsky et al. (2005) also determined dissociation constants for NaSO4
- that 

are in good agreement (< 15 % difference, log scale) with those generated by HKF EoS 

between 100 and 350 ºC, 12.5 – 28 MPa. Density extrapolation of the experimental NaSO4
- 

dissociation constants to the conditions of the anhydrite experiments (410 ºC, 33 – 50 MPa 

and 450 ºC, 46 – 50 MPa) show equally good agreement (< 15 % difference) with values 

generated by HKF EoS (Fig 4.2). The agreement in NaSO4
- stability from both data sources 

lends confidence to our method for incorporation of Na2SO4
0

 into the HKF framework. 

Slight thermodynamic inconsistencies may still result from combining equilibrium 

constants from various sources, but the overall effect is negligible, particularly in light of 

the qualitative conclusions presented here.  
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In addition to NaSO4
-, there is good agreement between NaCl0 and HCl0 

dissociation constants as determined experimentally (Frantz and Marshall, 1984; Ho et al., 

1994, 2000) and generated by HKF EoS (Fig 4.2). Accuracy of NaCl0 dissociation is 

particularly important for MOR fluids, as Cl is essentially the only negatively charged 

ligand present and its concentration significantly impacts mineral solubility (Seyfried and 

Ding, 1995). Experimentally determined equilibrium constants for the remaining aqueous 

species (e.g., CaCl2
0, CaSO4

0) included in this study do not exist at conditions approaching 

the high temperature, low pressure region and therefore comparison with HKF EoS data is 

not possible.  

 The extrapolation method employed here uses the HKF EoS to calculate 

equilibrium constants at a given temperature and pressure, consistent with model 

constraints (Fig 4.1).  Log Ks are then extrapolated as a linear function of water density 

into the high temperature, low pressure region (Figs 4.1 and 4.2). For example, at 450 ºC 

the HKF EoS can calculate equilibrium constants for reactions involving charged aqueous 

species at pressures as low as 46 MPa. Equilibrium constants are therefore calculated 

between 46 – 50 MPa and plotted as a function of the logarithm of pure water density (Fig 

4.2). At 410 ºC, log Ks were calculated between 33–50 MPa. A least squares regression is 

applied to the log K values to allow for linear extrapolation to lower pressures (i.e. 

densities). This procedure applies to both homogeneous (aqueous complex formation) and 

heterogeneous (mineral dissolution) reactions and is similar to that performed by Manning 

(2013). 
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Figure 4.2 The logarithm of the equilibrium constants for various reactions as a function 

of the logarithm of water density. The reactions shown are: NaCl0 = Na+ + Cl-, NaSO4
- = 

Na+ + SO4
2-, HCl0 = H+ + Cl-, Anhydrite = Ca2+ + SO4

2-. The open symbols represent 

experimentally determined equilibrium constants (Ho et al. (1994, 2000), Hnedkovsky et 

al (2005), Frantz and Marshall (1984)) while the colored symbols represent HKF EoS data. 

The good agreement between available experimental data and HKF EoS gives confidence 

to the use of HKF EoS at the extreme temperature-pressure conditions of the anhydrite 

experiments. Dashed lines represent the extrapolation method, as described in Section 3.2.  

Anhydrite dissolution, as generated by HKF, is also shown to demonstrate the linear 

behavior of mineral-fluid reactions at the pressure-temperature conditions relevant to this 

study. The error associated with HKF EoS log K values is approximately 0.2 log units 

(Shock and Helgeson et al. 1988) and is represented by the size of the symbols.  All data 

related to NaSO4
- and HCl0 dissociation are shifted by -4 and -6 log units, respectively, to 

improve the clarity of the image.  
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Figure 4.3 Equation 4.5 as a function of pressurefor the dissociation of (1) NaCl0 and (2) 

CaCl2
0 at 450 ºC and (3) anhydrite dissolution at 410 ºC. Equilibrium constants for 

reaction (1) are from Ho et al. (1994) and from HKF EoS for reactions (2) and (3). 
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The upper limit of 50 MPa stems from the thermodynamic behavior of aqueous 

species and water at the pressure-temperature conditions of the anhydrite experiments. The 

observation that equilibrium constants of homogeneous (fluid-fluid) and heterogeneous 

(mineral-fluid) reactions are linear functions of water density implies the following: 

                       ( 
∂ ln K

∂ ln 𝜌𝐻2𝑂
 )T =  − 

 ΔVo

RT βH2O
 = constant                           (4.5) 

where ΔVo is the standard state volume change of a reaction, and βH2O is the isothermal 

compressibility of water (Mesmer et al., 1988; Manning, 2013). The term −ΔVo(RT)-1 can 

be determined from the derivative of log K versus pressure (Anderson and Crerar, 1993), 

while βH2O is determined from the relationship between ln ρH2O and pressure (Anderson et 

al., 1991; Appendix). At 410 and 450 ºC, the ratio in equation 4.5 becomes approximately 

constant for homogeneous reactions at pressures below 80 MPa (Fig 4.3). However, as 

applied to the anhydrite dissolution reaction, the ratio in equation 4.5 approaches constancy 

at pressures below 50 MPa; 50 MPa is therefore chosen as the maximum pressure for which 

equilibrium constants are calculated using HKF EoS (Fig 4.2, 4.3) to ensure consistency in 

extrapolating all equilibrium constants. At 410 ºC, a second set of calculations was also 

performed using log K values calculated between 33 – 40 MPa. As applied to anhydrite 

dissolution, the ratio expressed in equation 4.5 approaches a more constant value between 

33 – 40 MPa.  The results of these secondary calculations are within ± 10 % of calculations 

that use the 33 – 50 MPa pressure range.  

 Thermodynamic calculations 

Given the dearth of experimental data in low-density hydrothermal fluids, there are 

few constraints regarding the stability of aqueous species. Our understanding of aqueous 
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speciation at conditions approaching the low-density boundary comes primarily from 

conductivity measurements, which themselves rely on certain assumptions regarding 

speciation to fit the data (e.g. Sharygin et al., 2006; Oelkers and Helgeson, 1990). These 

limitations become even more relevant for divalent species (e.g., Ca2+ and SO4
2-) for which 

the experimental data are particularly sparse and the number of possible aqueous species 

increases as compared to 1-1 electrolytes. It is also important to note that conductivity 

studies often choose a single activity coefficient model upon which the calculation of 

aqueous speciation is dependent.  Accordingly, in this study, several different approaches 

were taken in order to estimate the effects of imposing variations in aqueous species and 

activity coefficient models on anhydrite solubility: 

1) All aqueous species except Na2SO4
0, Debye- Hückel for all charged aqueous 

species, and γ0 = 1 for all neutral species. 

2) All aqueous species listed in Section 2.2, Debye-Hückel for all charged aqueous 

species, γ0  = 1 for all neutral species. 

3) All aqueous species except CaOH+, Debye-Hückel for all charged aqueous 

species, γ0 = 1 for all neutral species 

4) All aqueous species, Davies for all charged aqueous species, γ0 = 1 for all 

neutral species 

5) All aqueous species except CaOH+, Debye-Hückel for all charged aqueous 

species, γ0 < 1 for all neutral species 
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 Results and Discussion 

4.6.1 Aqueous speciation 

Approach 1, which uses only thermodynamic data that are currently consistent with 

the HKF EoS framework, shows good agreement with the experimental data (Fig 4.4). 

However, several aspects of this result require examination. The first involves the lack of 

a neutral SO4 species. Analogous to CaCl2
0, it could be reasonably expected that Na2SO4

0 

should exist at the conditions of the anhydrite experiments. Approach 2 includes Na2SO4
0 

in the set of aqueous species. The results of approach 2 are in qualitative agreement with 

expectations regarding inclusion of Na2SO4
0; there is an increase in total CaSO4 

concentration (Fig 4.4) and Na2SO4
0 becomes the dominant SO4 complex with decreasing 

pressure and fluid density (Fig 4.5). At 450 ºC, the agreement between experimental and 

calculated solubility increases using approach 2, except at the highest pressure, 50.0 MPa. 

Results of approach 2 at 410 ºC deviate further from the experimental observations than in 

the first approach, particularly in single-phase fluids (Fig 4.4). Given the already good 

agreement between approach 1 and the experimental data, particularly at 410 ºC, the results 

of approach 2 fail to provide unambiguous evidence for the existence of Na2SO4
0. To date, 

the study of Hnedkovsky et al. (2005) is the only study to quantify the stability of Na2SO4
0 

above 350 ºC. In studying elemental partitioning between water and steam, Palmer et al. 

(2004) did not find evidence for partitioning of Na2SO4
0 into steam at temperatures up to 

350 ºC. The low-density vapors studied here coexist with a liquid phase and it is possible 

that in the anhydrite experiments Na2SO4
0 exists primarily in the liquid. However, it seems 

unlikely that a charged species, NaSO4
-, would dominate in a low-density, low-dielectric 
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vapor as suggested by approach 1 (Fig 4.5). Indeed, in the case of NaCl0, for which 

dissociation constants are well constrained (Fig 4.2; Ho et al., 1994, 2000), the charged 

species, Na+ and Cl-, account for approximately 25% of the total NaCl inventory at the 

highest pressure conditions at 410 and 450 ºC. NaCl0 accounts for the remaining 75% and 

its stability increases with decreasing pressure (Fig. 4.A3). 

Approaches 1 and 2 indicate that a charged species, CaOH+, constitutes a major 

portion of dissolved Ca in the lowest density vapors (Fig 4.6). This result stems from the 

alkaline pHin-situ. Neutral pH, as defined by Kw calculated by HKF EoS, is between 5.75 – 

7.1 at 410 ºC, and 6.1 – 7.2 at 450 ºC. The calculated pHin-situ at all conditions is therefore 

alkaline (Table 4.2).  Fixing pHin-situ by ± 0.5 log units relative to that calculated by charge 

balance does not alter Ca speciation nor does it result in significant differences in total 

CaSO4 concentrations; ± 75 μmol/kg and ± 10 μmol/kg in the single phase fluids and 

vapors, respectively. Removing CaOH+ from the set of aqueous species (approach 3) also 

does not appreciably change total CaSO4 concentrations, nor pHin-situ (Fig 4.4 and Table 

4.2). In the absence of CaOH+, the neutral complex CaCl2
0 dominates as pressure and 

density decrease along both isotherms, consistent with the decrease in the dielectric 

constant of water (Fig 4.6, e.g. Seyfried and Ding, 1996). 

The differences in predicted anhydrite solubility and aqueous speciation between 

approaches 1, 2, and 3 highlight the uncertainties in our knowledge of the stability of Ca 

and SO4 bearing aqueous species in low-density hydrothermal fluids. While significant 

experimental work has focused on the stability of monovalent cations and anions (e.g., 

NaCl0, HCl0) in low-density hydrothermal fluids, the same is not true for divalent  
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Figure 4.4 Experimental anhydrite solubility at 410 ºC and 450 ºC compared with 

thermodynamic predictions. The numbers refer to the five different approaches used to 

calculate anhydrite solubility.  The solid vertical back line indicates the boundary between 

high-chlorinity single phase fluids and low-chlorinity vapors. Experimental solubility in 

the low-chlorinity vapors is shown in panels C and D. Experimental data are shown as the 

average of measured Ca2+ and SO4
2- concentrations. Vertical error bars reflect range in 

measured Ca2+ and SO4
2- concentrations. Horizontal error bars represent experimental 

pressure uncertainty.  
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Figure 4.4 (continued) 
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Figure 4.5 Aqueous SO4 speciation at 410 and 450 ºC. 
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Figure 4.5 (continued) 
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Figure 4.6 Aqueous Ca speciation at 410 and 450 ºC. 

0

20

40

60

80

100

2
0 CaCl+ Ca2+ CaOH+

P
er

ce
nt

 to
ta

l

Approach
CaCl

410 oC 450 oC

1

2

3

0

20

40

60

80

100

20

40

60

80

100

Pressure (MPa)

26 28 30 32 35 40 45 50



108 

Figure 4.6 (continued) 
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components. In lieu of experimental data, calculations presented here have relied on 

density extrapolation of HKF EoS equilibrium constants relevant to Ca and SO4 species. 

While the overall agreement between anhydrite solubility and calculations is very good, 

use of only HKF data can lead to calculated speciation that is not consistent with the 

physical properties of the systems, as demonstrated by the dominance of charged species, 

NaSO4
- and CaOH+, at the lowest pressure conditions in approaches 1 and 2. More accurate 

determination of Ca and SO4 aqueous speciation will benefit our understanding of the 

thermodynamic behavior of divalent chemical components and provide important data to 

more confidently perform fluid-mineral equilibria calculations at high temperature, low 

pressure conditions. 

4.6.2 Activity coefficients 

Inherent to calculations presented thus far are assumptions regarding activity 

coefficients for both charged and neutral aqueous species. The Debye-Hückel equation (Eq. 

4.2), and its variants, have been used extensively in thermodynamic models that describe 

fluid-mineral equilibria at both ambient and elevated temperature-pressure conditions, 

including studies at conditions approaching the high temperature, low pressure region 

(Hemley et al., 1992; Fein et al., 1992; Foustoukos and Seyfried, 2005). Originally, the 

Debye-Hückel equation was developed for solutions at ambient temperatures with a 

stoichiometric ionic strength less than approximately 100 mmolal (e.g., Anderson and 

Crerar, 1993). To overcome physical differences between solutions at ambient and elevated 

temperature the Debye-Hückel equation has been modified to better serve specific 

applications. For example, to account for increasing aqueous complex formation at 
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elevated temperature-pressure conditions, the stoichiometric ionic strength of solution was 

replaced with the true ionic strength (Helgeson, 1969). The true ionic strength takes into 

account charged species (e.g. Na+, Cl-), but not coexisting, uncharged complexes (e.g., 

NaCl0). This modification is at least partially responsible for the apparent success of the 

Debye-Hückel equation in the present study. Even though the single-phase fluids contain 

870–900 mmol/kg NaCl (Table 4.1), calculations yield a true ionic strength that is 

significantly less owing to complex formation. The largest calculated true ionic strength is 

268 mmolal at 410 ºC, 32 MPa (Table 4.2), while the smallest is approximately 1 mmolal. 

The results of conductivity experiments qualitatively support our calculation of true ionic 

strength (Ho et al., 2001; Hnedkovsky et al., 2005). In the conductivity experiments, the 

conductance decreases with decreasing pressure and increasing temperature. This behavior 

has been interpreted to represent increasing formation of neutral aqueous complexes and 

therefore a decrease in charged species available to transfer electrical current (Mesmer et 

al., 1988). While we present our calculation of ionic strength, we also acknowledge this 

calculation is tied to the choice of activity coefficient model and aqueous speciation. 

Additional modifications have been made to the Debye-Hückel equation in order 

to increase its applicability in solutions with ionic strength greater than 100 mmolal. One 

such modification, the Davies equation (Eq. 4.3), was used to model anhydrite solubility. 

Within the vapor phase, differences in anhydrite solubility calculated with either the 

Debye-Hückel (Eq. 4.2) or Davies (Eq. 4.3) equations are less than 40 µmol/kg and both 

equations show good agreement with experimental measurements. However, in single-

phase fluids, the Davies equation predicts total dissolved CaSO4 concentrations that are 
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significantly higher than experimental measurements and predictions made with the 

Debye-Hückel equation (Fig 4.4). The differences between the two equations causes 

activity coefficients calculated with the Davies equation to be smaller than those calculated 

with Debye-Hückel. Even though the differences are small, the net result is a noticeable 

increase in calculated solubility as the ionic strength of the solution increases with 

increasing pressure. 

While several other modifications of the Debye-Hückel equation exist, it would be 

expected, given the presumed dominance of neutral aqueous species at high temperature, 

low pressure conditions, that accurately quantifying γ0 (Eq. 4.4) will have a far greater 

impact on predicted anhydrite solubility than increasingly small modifications to γi (Eqs. 

4.2 and 4.3). Most geochemical models of mineral solubility make the assumption that γ0 

= 1, including approaches 1-4 presented here. Based on analysis of conductivity data, Quist 

and Marshall (1968) and Sharygin et al. (2002) argue that for solutions at elevated 

temperature and pressure with ionic strength less than 100 mmolal, the assumption of γ0 = 

1 is valid. As mentioned, the true ionic strength calculated in this study is less than 100 

mmolal for the majority of conditions (Table 4.2). The accuracy in the assumption that γ0 

= 1 also depends on the choice of aqueous species used in the calculation. This can be seen 

by realizing that while approach 1 provides a good fit to the solubility data it neglects 

formation of a neutral Na-SO4 species. 

  Detailed analysis of neutral solute behavior at both ambient and elevated 

temperature-pressure conditions indicate that γ0 varies as a function of ionic strength, all 

else remaining constant (Drummond, 1981; Barrett et al., 1988; Xie and Walther, 1993). 
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γ0 is most commonly presented in the form of the Setechnow equation (Eq. 4.4) in which 

the two variables are true ionic strength and an empirical parameter, b0, that represents 

repulsive or attractive interactions between neutral aqueous species and the solvent and 

other dissolved solutes (Sharygin et al., 2002). At conditions starting at 400 ºC, 50 MPa, 

and increasing in temperature and pressure, Oelkers and Helgeson (1990) calculated 

positive values of b0 for NaCl0 and HCl0. Positive b0 values, which lead to γ0 > 1, represent 

repulsive forces and are in qualitative agreement with activity coefficients calculated for 

dissolved gas species at temperatures up to 350 ºC (e.g. H2(aq), CO2(aq) ; Drummond, 1981). 

However, several studies have contested the findings of Oelkers and Helgeson (1990). 

Sharygin et al. (2002) argue that the large positive b0 values of Oelkers and Helgeson 

(1990) necessitate physically unrealistic long-range interactions between neutral species 

and charged ions. Walther (1997), highlighting several inconsistencies in the work of 

Oelkers and Helgeson (1990), argues that instead of increasing, b0 should decrease and 

become negative as the density and dielectric constant of water decrease. Walther (1997) 

then applies negative b0 values to good effect in a re-examination of talc solubility. 

Negative b0 indicates attractive interactions between neutral and charged particles and can 

be explained physically because at high temperature and low pressure the decreasing 

density makes it easier for aqueous molecules and ions to penetrate the hydration shell of 

other solutes. Additionally, electrostatic forces attracting solutes to each other become 

more prevalent given the low dielectric constant of water (Sharygin et al. 2002). 

Approach 5 shows the results of predicted anhydrite solubility when b0 is set to a 

single negative value for all neutral aqueous species (Fig 4.4). Given the lack of species-
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specific values for b0 at high temperature, low pressure conditions a value of -5 is used here 

as this best fits the experimental data at 450 ºC. Interestingly, -5 is in close agreement to 

bSiO2(aq) as determined from quartz solubility measurements in NaCl-H2O between 400 – 

500 ºC, 31 – 50 MPa (Xie and Walther, 1993; Foustoukos and Seyfried, 2007; 

Scheuermann et al., 2018a). As can be seen in figure 4.4, altering b0 has the greatest effect 

on calculated solubility in solutions with measured NaCl concentrations (25 ºC) greater 

than 500 mmol/kg. In these fluids, forcing γ0 < 1 causes the concentration of neutral species 

to increase, and as a result decreases the ionic strength (Fig 4.5, 4.6, Table 4.2). The activity 

coefficients of charged species become larger and therefore the concentration of charged 

species decreases to accommodate activity composition constraints (Table 4.2). The net 

result is an overall decrease in calculated solubility in single-phase solutions. In solutions 

with NaCl (25 ºC) less than ~ 500 mmol/kg, the calculated in-situ ionic strength is so low 

that negative values of b0 do not cause γ0 to deviate significantly from unity. At 410 ºC, 

decreasing the value of b0 beyond -5 yields increasingly diminishing returns in attempting 

to fit the experimental measurements. For this reason, b0 = -5 is maintained for both 

experimental temperatures, even though this parameter should vary with pressure, 

temperature, and aqueous species (Walther, 1997).  

In these calculations, we have emphasized the use of activity coefficient models 

that were initially derived for ambient temperature-pressure conditions where the physical 

and chemical properties of aqueous electrolyte solutions are significantly different than 

those found in the high temperature, low pressure region. Several modifications have been 

made to the original equations to account for these physio-chemical differences. 
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Implementation of these modified activity coefficient equations can accurately recreate the 

experimental anhydrite solubility. It is important to note however that the apparent success 

of the Debye-Hückel and Setchenow equations at elevated temperature-pressure conditions 

may stem from the methods used to fit and interpret experimental data. A lack of alternative 

activity coefficient models has led numerous researchers to interpret their data in the 

existing framework (Saccocia and Seyfried, 1990; Sverjensky et al., 1991; Hemley et al., 

1992; Fein et al., 1992). As a result, thermodynamic models may not accurately capture all 

molecular scale processes occurring in hydrothermal solutions at elevated temperature and 

pressure and unique interpretations of experimental data are not guaranteed (Oelkers and 

Helgeson, 1990; Sharygin et al., 2002). However, thermodynamic models, through 

successive calibration based on increasing experimental data, can ultimately result in 

accurate predictions of mineral solubility over a wide range of pressure, temperature, and 

chemical composition.    

 Implications 

 Fluid-mineral reactions at temperatures > 350 ºC and pressures < 50 MPa play a 

dominant role in the transfer of elements between seawater and the oceanic lithosphere 

during hydrothermal alteration processes. However, due to a historical lack of experimental 

data in this region of temperature-pressure space, rigorous geochemical interpretations and 

predictions of natural MOR vent fluid composition have been traditionally limited to lower 

temperatures and/or higher pressures not directly representative of realistic conditions 

imposed by peak metasomatic activity at/near the magma-hydrothermal interface. In this 

study, we have focused on this specific region to explore anhydrite solubility in NaCl-
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bearing aqueous fluids. Given the extreme temperature-pressure conditions, the agreement 

between experimental measurements and thermodynamic calculations is encouraging and 

indicates that thermodynamic calculations in this region are possible. However, as 

demonstrated in our calculations, assumptions regarding the presence and stability of 

aqueous species and the calculation of activity coefficients require further examination 

before thermodynamic calculations of low-density fluid-mineral reactions can be 

performed more confidently and involving a greater range of chemical systems. The path 

forward undoubtedly requires increased experimental studies, both bulk mineral solubility 

as well as spectroscopic and conductivity efforts. Such experimental data will allow for 

continued theoretical advances. Nonetheless, the present study provides an important step 

towards understanding MOR hydrothermal processes at the most extreme temperature and 

pressure conditions, which have long remained out of reach. 
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Table 4.1 Experimental anhydrite solubility 

Na Cl avg. NaCl Ca SO4 avg. CaSO4

Temperature ( ˚C) Pressure (MPa) Phase (mmol/kg) (mmol/kg) (mmol/kg) (μmol/kg) (μmol/kg) (μmol/kg)

 25 (stock solution)* 0.1 927 943 935 29600 31000

410 32 Single 855 884 869 1308 637 972

410 30 vapor 500 515 508 681 273 477

410 29 vapor 110 118 114 131 43 87

410 28 vapor 49 51 50 54 14 34

410 27 vapor 28 30 29 30 8 19

410 26.5 vapor 22 24 23 51 35 43

450 49.4 Single 893 912 903 1589 1105 1347

450 43.5 Single 896 915 905 1243 867 1055

450 40 vapor 347 356 352 336 188 262

450 39 vapor 216 219 217 171 90 131

450 38 vapor 149 152 151 109 66 87

450 36.3 vapor 87 88 87 76 72 74

*The stock solution was the same for experiments at both temperatures
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Table 4.2 Results of thermodynamic calculations 

410 ᵒC

Approach Pres. (MPa) Phase

NaCl CaSO4 True IS

(mmol/kg) (µmol/kg) pH in-situ (mmolal) log γ CaCl2(aq)
log γ CaCl

+
log γ Ca

2+

1 32 Single 870.0 1699 8.07 165

31 Single 870.0 830 8.50 89

29 vapor 114.0 58 9.45 52

28 vapor 50 22 9.80 18

27 vapor 29.0 11 10.11 9

25 vapor 14.0 7.3 10.59 6

2 32 Single 870.0 2895 8.05 165 0 -0.964 -3.131

31 Single 870.0 2293 8.50 89 0 -0.852 -2.776

29 vapor 114.0 292 9.42 62 0 -0.461 -1.739

28 vapor 50 142 9.80 19 0 -0.323 -1.243

27 vapor 29.0 85 10.11 10 0 -0.261 -1.016

25 vapor 14.0 80 10.60 7 0 -0.269 -1.051
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Table 4.2 (continued) 

3 32 Single 870.0 2864 8.09 160

31 Single 870.0 2256 8.52 90

29 vapor 114.0 266 9.44 10

28 vapor 50 117 9.81 19

27 vapor 29.0 58 10.11 9

25 vapor 14.0 44 10.60 7

4 32 Single 870.0 4172 8.00 247 0 -1.218 -3.405

31 Single 870.0 4155 8.30 268 0 -1.418 -3.395

29 vapor 114.0 300 9.43 55 0 -0.490 -1.962

28 vapor 50 143 9.80 19 0 -0.337 -1.347

27 vapor 29.0 85 10.11 10 0 -0.267 -1.068

25 vapor 14.0 80 10.60 7 0 -0.274 -1.097

5 32 Single 870.0 2000 8.25 70 -0.340 -0.757 -2.557

31 Single 870.0 1934 8.62 50 -0.247 -0.721 -2.418

29 vapor 114.0 263 9.45 50 -0.025 -0.451 -1.702

28 vapor 50 117 9.80 18 -0.009 -0.321 -1.232

27 vapor 23.0 58 10.11 9 -0.005 -0.260 -1.010

25 vapor 14.0 44 10.60 7 -0.004 -0.268 -1.047
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Table 4.2 (continued) 

450 ᵒC

Approach Pres. (MPa) Phase

NaCl CaSO4

(mmol/kg) (μmol/kg) pHin-situ

True IS

(mmolal) log γ CaCl2(aq)
log γ CaCl

+
log γ Ca

2+

1 50 Single 900 1591 7.39 225.30 0 -0.886 -2.873

47 Single 900 1281 7.78 166.70 0 -0.919 -3.024

44 Single 900 838 8.30 96.11 0 -0.905 -3.056

42 Single 900 500 8.76 49.08 0 -0.812 -2.827

41 vapor 708 280 9.03 23.61 0 -0.660 -2.369

40 vapor 352 109 9.30 7.69 0 -0.445 -1.659

38 vapor 151 35 9.78 2.08 0 -0.282 -1.085

36 vapor 79 15 10.24 0.83 0 -0.208 -0.811

35 vapor 60 10 10.45 0.60 0 -0.189 -0.739

2 50 Single 900 1991 7.38 224.70

47 Single 900 1668 7.76 166.10

44 Single 900 1237 8.29 95.57

42 Single 900 902 8.76 48.76

41 vapor 708 602 9.03 23.48

40 vapor 352 266 9.28 7.66

38 vapor 151 99 9.77 2.07

36 vapor 79 48 10.24 0.83

35 vapor 60 37 10.45 0.60
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Table 4.2 (continued) 

3 50 Single 900 1975 7.42 224.60

47 Single 900 1650 7.79 166.00

44 Single 900 1217 8.31 95.52

42 Single 900 883 8.78 48.72

41 vapor 708 587 9.04 23.45

40 vapor 352 256 9.29 7.64

38 vapor 151 91 9.78 2.06

36 vapor 79 40 10.24 0.82

35 vapor 60 28 10.45 0.59

4 50 Single 900 2140 7.46 198.60 0 -0.871 -3.484

47 Single 900 1978 7.82 159.50 0 -0.944 -3.777

44 Single 900 1673 8.30 109.40 0 -1.002 -4.007

42 Single 900 1119 8.76 62.31 0 -0.947 -2.789

41 vapor 708 643 9.03 27.43 0 -0.746 -2.983

40 vapor 352 270 9.28 8.06 0 -0.475 -1.900

38 vapor 151 99 9.78 2.10 0 -0.292 -1.166

36 vapor 79 48 10.24 0.84 0 -0.212 -0.850

35 vapor 60 37 10.45 0.60 0 -0.192 -0.769
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Table 4.2 (continued) 

5 50 Single 900 1310 7.55 84.60 -0.423 -0.663 -2.260

47 Single 900 1141 7.92 67.08 -0.335 -0.694 -2.385

44 Single 900 953 8.40 45.79 -0.229 -0.707 -2.471

42 Single 900 797 8.83 29.90 -0.150 -0.680 -2.418

41 vapor 708 574 9.06 18.28 -0.091 -0.598 -2.168

40 vapor 352 264 9.30 7.13 -0.036 -0.431 -1.612

38 vapor 151 91 9.78 2.04 -0.010 -0.280 -1.076

36 vapor 79 40 10.24 0.82 -0.004 -0.207 -0.806

35 vapor 60 27 10.45 0.59 -0.003 -0.188 -0.734

*NaCl concentrations are taken from experimental data for single phase fluids and Driesner and Heinrich (2007) for vapors

** Activity coefficients for approaches 1, 2, and 3 are approximately equal
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Chapter 5 Experimental measurement of H2(aq) solubility in hydrothermal fluids: 

application to the chemical evolution of mid-ocean ridge vent fluids 

 

 

Peter P. Scheuermann and William E. Seyfried, Jr. 
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 Summary  

 In mid-ocean ridge hydrothermal vent systems the fluid redox state is controlled by 

oxidation of iron in the rock and generation of aqueous hydrogen, H2(aq). H2(aq) 

concentrations measured in vent fluids are therefore used as indicators of redox conditions. 

However, a quantitative interpretation of redox state requires conversion of H2(aq) 

concentrations to hydrogen fugacity, f H2. Here we present the results of hydrothermal 

experiments that were performed to calibrate the fugacity-concentration relationship, YH2-

Cl, in saline hydrothermal fluids. H2(aq) concentrations were measured between 400-500 ˚C, 

21-51 MPa, in both single phase fluids and coexisting vapor-liquid in the KCl-H2O system. 

The assemblage hematite-magnetite was used to buffer f H2. The values of YH2-Cl in the 

KCl-H2O system are substantially larger than those for the pure water system, highlighting 

the importance of the new experimental data to accurately calculate f H2 of natural vent 

fluids. Analysis of the redox state of fluids issuing from the Piccard hydrothermal field 

indicates reaction with basaltic substrate at temperatures and pressures deep within the 

oceanic crust. In contrast, the redox state of the fluid at the Lucky Strike hydrothermal field 

suggests that H2(aq) in these fluid reaches equilibrium with the host rock at near seafloor 

temperature and pressure conditions. The differences between H2(aq) systematics at Lucky 

Strike and Piccard serve to illustrate the complexity of the chemical evolution of mid-ocean 

ridge vent fluids, with implications for accurate assessment of geochemical fluxes to the 

ocean. 
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 Background  

In mid-ocean ridge (MOR) hydrothermal fluids redox state plays an important role 

in a variety of fluid-mineral and fluid-fluid reactions. The solubility of ore-forming 

components such as Fe, Cu, and Zn are all redox-dependent (Crerar and Barnes, 1976; 

Crerar et al., 1978). H2S(aq) and H2(aq) (key indicators of redox state) serve as important 

energy sources for chemosynthetic organisms at the seafloor (Reveillaud et al., 2016; 

Anderson et al., 2017). H2(aq) also takes part in numerous reactions involving formation of 

reduced organic carbon that may have played a role in the beginning of life on early Earth 

(Seewald et al., 2006; McDermott et al., 2015; Klein et al., 2019). Methane, CH4(aq), is the 

most abundant form of reduced carbon in MOR vent fluids and the mechanism of its 

formation has received renewed attention as the result of new analytical capabilities that 

allow for measurement of the ‘clumped’ isotopic signature of methane (Douglas et al., 

2017; Wang et al., 2018). 

In order to quantitatively interpret the redox state of seafloor hydrothermal fluids, 

H2(aq) concentrations must be converted to a thermodynamic parameter such as fugacity, f 

H2, or activity, aH2. Conversely, f H2 or aH2 must be converted to concentration in any 

calculation that aims to predict the H2(aq) concentration resulting from a given redox 

reaction. To date, calculations involving H2(aq) in MOR settings have been performed using 

the assumption that aH2 is equal to the concentration (McCollom and Shock, 1998; Klein 

et al., 2009; Klein et al., 2013). Interpretations of natural processes based on such 

calculations are uncertain since it is well established that elevated temperature and pressure 

and significant dissolved salt concentrations, such as found in MOR hydrothermal fluids, 
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can cause aH2-concentration or f H2-concentration relationships to deviate from unity 

(Anderson and Crerar, 1993). For example, Drummond (1981) performed experiments 

along the vapor-saturation curve and showed that H2(aq) concentrations in NaCl-H2O fluids 

(1-6 molal) are 25-340 times less than those measured in pure water (i.e., infinite dilution) 

at the same pressure and temperature. The extent to which aH2 or f H2 and concentration 

deviate is a complex function of pressure, temperature and dissolved salt concentration. 

Measurements of pressure, temperature and dissolved chloride in vent fluids at 

numerous sites on the seafloor attest to the variability of these parameters in natural 

systems. End member fluids generally vent at the seafloor between 300-400 ˚C, 8-50 MPa, 

corresponding to water depths of 800-5000 meters (Von Damm, 1995; German and 

Seyfried, 2014; McDermott et al., 2018). Measured Cl concentrations vary dramatically, 

from 32 mmol/kg in the aftermath of a volcanic eruption (Von Damm, 2000; Lilley et al., 

2003), to almost 1000 mmol/kg, twice the concentration in seawater (Gallant and Von 

Damm, 2006). The large range in Cl concentrations is the result of complex processes 

involving phase separation in the NaCl-H2O system (e.g., Von Damm, 1990) Consistent 

with the behavior of H2(aq) solubility in experimental studies (e.g., Drummond 1981), 

measurements of natural fluid chemistry demonstrate a negative correlation between H2(aq) 

and Cl concentrations (Seewald et al., 2003). 

In addition to dissolved Cl concentration, fluid-mineral equilibria play an important 

role in determining H2(aq) concentrations in MOR vent fluids. This is because, at 

hydrothermal conditions within the ocean crust, the primary redox buffer and mechanism 
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for H2(aq) formation is the oxidation of ferrous iron in the host rock. This process can be 

represented through a generalized reaction such as  

2 FeO + H2O = Fe2O3 + H2(aq)              (5.1) 

The relatively constant H2(aq) concentration issuing from individual vent sites over long 

periods (Bowers and Taylor, 1985) and the differences in H2(aq) concentration between 

mafic and ultramafic hosted vent sites indicate the importance of fluid-mineral equilibria 

in controlling H2(aq). The results of experimental studies also support the hypothesis that 

dissolved H2(aq) concentrations represent equilibrium with the host rock (Seyfried and Ding, 

1995; Seyfried et al., 2002). 

 Given the importance of H2(aq) in calculating the redox state of MOR vent fluids, 

the usefulness of experiments that measure H2(aq) concentrations in equilibrium with well-

defined mineral assemblages cannot be overstated. However, few studies have 

systematically measured H2(aq) solubility in salt bearing aqueous fluids at hydrothermal 

conditions (Ding and Seyfried, 1990). In this study, we present new experimental data on 

the solubility of the assemblage hematite-magnetite coexisting with vapor-liquid and single 

phase fluids (KCl-H2O) between 400-500 ˚C and 21.5-51.0 MPa. The experiments focused 

on measuring H2(aq) in solutions with a range of Cl concentrations in order to expand the of 

range pressures, temperatures and salt concentrations over which the H2 fugacity-

concentration relationship, YH2-Cl, can be calculated. The new calibration of YH2-Cl provides 

improved constraints on the redox state and chemical evolution of seafloor hydrothermal 

fluids. 
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 Methods 

5.3.1 Hydrothermal Reactor 

 Experiments were performed in a newly designed fixed volume hydrothermal 

reactor (Scheuermann et al., 2018b). The reactor body and closure piece are constructed 

from Ti-6Al-2Sn-4Zr-2Mo (Ti6242), a high strength titanium alloy, while all capillary 

lines and high temperature adapters are made from grade 2 titanium. A 1/16” Ti-sheathed 

type E (chromel-constantan) thermocouple monitors the fluid temperature inside the 

reactor. The thermocouple communicates with three external heating bands through an EZ 

Zone PM (Watlow Electric Manufacturing Co.) proportional-integral-derivative controller. 

Error in temperature is ±5 ˚C, as determined by testing of the thermocouple in a dry block 

probe calibrator (Omega Hot Point©). A Teledyne ISCO syringe pump controls the system 

pressure, up to a maximum of 51.7 MPa. The syringe pump can automatically inject or 

withdraw fluid to maintain constant pressure during sampling, and move between any two 

pressure conditions. Due to the redox sensitive nature of the present experiment, the interior 

surface of the reactor was passivated with 20 wt% nitric acid (300 ºC, 10 h) in order to 

form an inert TiO2(s) coating on all wetted surfaces (Fowler et al., 2019). 

5.3.2 Experimental procedure 

 The hematite and magnetite crystals used for the experiments were natural samples 

and came from the University of Minnesota Department of Earth Sciences mineral 

collection. The minerals, which began as large crystals, were broken and sieved and the 1-

2 millimeter portion was retained.  Approximately 5-7 g of each mineral was then added 

to a gold cylinder (1/2” x 5”) that was placed inside the reactor. The walls of the gold 
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cylinder was perforated with numerous 1/16” holes to allow experimental fluid to reach the 

minerals and both ends were crimped after adding the minerals. Use of the gold cylinder 

facilitated the removal of the minerals at the end of the experiment. In addition to hematite 

and magnetite, K-feldspar, muscovite, and quartz were also present in the experiment to 

serve as a pH buffer. KCl-H2O fluids were therefore used instead of NaCl-H2O to maintain 

consistency between the composition of the fluid and minerals and avoid reactions 

involving Na-K solid solutions.  

 After inserting the gold cylinder into the reactor, the main nut was sealed and ultra-

pure argon was flushed through the reactor for at least 20 minutes to expel room air. The 

reactor was then connected to an ISCO syringe pump and experimental fluid was pumped 

into the bottom of the reactor, while the remaining argon was allowed to escape through 

the vapor sampling valve (see Scheuermann et al., 2018). All valves were closed once the 

reactor was filled with solution and it was then brought to the experimental pressure and 

temperature. Before introducing the experimental solution into the reactor, it was put under 

vacuum and sonicated for 30 minutes to purge dissolved gases. Additionally, 

approximately 200 μM/kg formic acid (CH2O2) was added to the experimental solution. 

Formic acid decomposes into H2 and CO2 above 250 ºC (McCollom and Seewald, 2003; 

Pester et al., 2015) and was included to ensure that any residual dissolved O2 did not 

adversely affect the mineral redox buffer.15 

Experiments were performed isothermally and the pressure was increased after 

each sample extraction. Once at the appropriate pressure and temperature, the entire system 

was allowed to react for a minimum of 4 days at 400 and 425 °C, 3 days at 450 and 2 days 
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at 500 °C to achieve equilibrium, consistent with previously determined time constraints 

on silicate-fluid and Fe-oxide fluid equilibrium at similar temperature conditions (Kishima 

and Sakai, 1984b; Foustoukos and Seyfried, 2007). These reaction times were also 

confirmed by reversing equilibrium through temperature adjustment and measuring fluid 

chemistry. Reproducible results were achievable without rocking the autoclave, so the 

autoclave was positioned at a slight angle above horizontal. This angle promoted 

segregation of vapor and liquid that were then sampled from opposite ends of the reactor. 

Prior to sampling, approximately 0.3 g of fluid were removed to flush the capillary line. 

Aliquots for cations were diluted at least 4-fold with 1 M Optima HCl to prevent 

precipitation of iron bearing phases. The aliquot for H2(aq) analysis was collected in a gas 

tight syringe, diluted with ultra-pure N2 and immediately analyzed. Additional aliquots 

were also taken to determine the concentrations of dissolved anions  

and pH25 °C. 

5.3.3 Analytical methods 

All cations, dissolved silica, and minerals (following hydrofluoric acid digestion, 

see below) were measured by inductively coupled plasma optical emission spectroscopy 

(ICP-OES). Cl was measured by ion chromatography (IC). Samples measured by ICP-OES 

were analyzed three times and those measured by IC were run twice. The average of these 

values is reported. Uncertainties for the ICP-OES and IC are 3 % and 2 %, respectively 

(2, Table 1). The concentration of H2(aq) in all samples was measured using an Agilent 

6980 gas chromatograph (GC), equipped with a carbon molecular sieve column 

(CarboxenTM 1010 PLOT) and thermal conductivity detector. Prior to each sample, the GC 
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was calibrated with a gas standard containing 1% H2 gas. Reproducibility of the 1% 

standard was always within 10% and all H2(aq) concentrations were calculated using an 

averaged (n = 10) 1% standard. Error associated with the H2(aq) sampling procedure is 5% 

based on the precision of the N2 dilution. pH25 °C was measured using a Thermo-Ross 

electrode that was calibrated with pH 4, 7, and 10 buffers before each measurement. 

Prior to ICP-OES analysis, minerals were acid digested. The sample was powered 

and 0.1 g was added to a 10 mL mixture of HF, HNO3, and deionized water. The powder 

and acid mixture were loaded into a sealed Teflon cylinder and were allowed to digest for 

2 hours at 200 ˚C. Standard rock samples provided by the United States Geological Survey 

(USGS) were digested and analyzed concurrently with the experimental samples in order 

to verify results. The USGS standards returned within ± 10 % of the stated values of the 

major oxides. 

The minerals were also analyzed by x-ray powder diffraction (XRD). A Rigaku 

Miniflex © x-ray diffractometer with cobalt k-alpha radiation was used. 2Θ angles were 

then converted to the more common Cu scale. Each sample was measured at 0.5 degree per 

minute. The specific range of values over which the measurements were made are provided 

in the figures found in the appendix. 

5.3.4 Calculation of YH2 

In order for H2(aq) to become a more quantitative tool in understanding mass-transfer 

processes in axial hydrothermal systems, the fugacity-concentration relationship must be 

known to connect measured concentrations to thermodynamic predictions of H2 fugacity. 

While the H2(g) fugacity-concentration relationship has been determined in pure water at 



 

131 

 

temperature-pressure conditions relevant to MOR systems (Kishima and Sakai, 1984b), the 

effect of dissolved salt can cause H2(aq) concentrations to differ significantly from those 

measured in pure water (Drummond, 1981). Here, YH2 denotes the fugacity-concentration 

relationship in the pure water system and YH2-Cl indicates a saline bearing aqueous fluid. 

 In this study, hematite and magnetite were used to buffer O2 fugacity through the 

following reaction 

3 Hematite = ½ O2(g) + 2 Magnetite                     (5.2) 

The conversion to H2 fugacity requires combination of equation 5.2 with equation 5.3 

H2(g) + ½ O2(g) = H2O(l)                         (5.3) 

to yield (Kishima and Sakai, 1984b) 

3 Hematite + H2(g) = 2 Magnetite + H2O(l)                 (5.4) 

H2 fugacity can then be calculated, assuming pure mineral phases, as follows: 

f H2 =  K4
-1

      (5.5) 

where K4 represents the equilibrium constant for equation 5.4. YH2 and YH2-Cl (bar/molal) 

are then determined as the ratio of H2 fugacity to measured concentration in the aqueous 

fluid  

YH2 = f H2 / [H2(aq)]               (5.6) 

The relevant thermodynamic data for calculation of f H2 are taken from SUPCRT92 

(Johnson et al., 1992). SUPCRT92 utilizes the revised Helgeson-Kirkham-Flowers 

equation of state (Tanger and Helgeson, 1988) to calculate the thermodynamic properties 

of gases, aqueous solutes and water. The standard state for gases is the ideal gas at the 

temperature of interest and 0.1 MPa. The standard state for minerals and water is the pure 
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substance at the pressure and temperature of interest. Aqueous solutes are treated as ideal 

in a hypothetical one molal solution referenced to infinite dilution. 

  log f H2 values generated by SUPCRT92 for mineral buffers of primary interest in 

the present study, hematite-magnetite, pyrite-pyrrhotite-magnetite, and fayalite-magnetite-

quartz, are all within 0.5 log units or less of those determined experimentally by Kishima 

and Sakai (1984a,b) and Kishima (1989) in the temperature range 400–500 ºC. There is 

similar agreement between f H2 as calculated by SUPCRT92 and the experimental data of 

Chou (1978) between 600-800 ˚C. The good agreement with experimental data warrants 

the use of SUPCRT92 to calculate YH2, as outlined above. All YH2 and YH2-Cl values 

presented in this contribution, regardless of the source of experimental H2(aq) 

measurements, have been calculated using f H2 as defined by data in SUPCRT92 for the 

appropriate mineral assemblage. YH2 can be easily be converted to the well-known Henry’s 

law constant, kH (bar),  

        kH = Nw Y
-1

                       (5.7) 

where Nw = 55.51 mol kg-1 H2O (Akinfiev and Diamond, 2003). 

The use of f H2 stems from the well-documented inaccuracy of HKF predictions of 

the thermodynamic properties of neural aqueous species, including H2(aq), above the critical 

point of pure water (e.g., Plyasunov et al., 2000; Akinfiev and Diamond, 2003). For 

example, at 27.5 MPa, the difference between experimentally determined and theoretically 

calculated equilibrium constants for equation 5.8, K8, is 1.3 log units at 400 ºC and 2.4 log 

units at 450 ºC (Eklund et al., 1997). 

aH2(aq) = f H2(g)                     (5.8) 
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 While more recent equations have improved the accuracy of K8 (e.g., Plyasunov et al., 

2000; Akinfiev and Diamond, 2003), these equations are not yet integrated into software 

codes that facilitate calculation of fluid-mineral equilibria. 

 

 Results 

5.4.1 Experimental measurements 

 Comparison of experimental KCl concentrations (the average of measured K+ and 

Cl-) with the numerical model of Driesner and Heinrich (2007) shows very good agreement 

(Fig 5.1) and indicates that the fluid matrix attained equilibrium between coexisting vapor 

and liquid. While the model of Driesner and Heinrich (2007) is based on experiments in 

the NaCl-H2O system, the similar chemical properties of K+ and Na+ yield compositions 

of coexisting vapor-liquid that are indistinguishable within experimental error (Liebscher, 

2007). 

 H2(aq) concentrations display a clear dependence on pressure, Cl concentration, and 

temperature. Along an isotherm, H2(aq) concentration decreases with increasing pressure 

and Cl concentration (Table 5.1). This pattern is shown in figure 5.2a as a function of 

density in order to more easily compare data along the four different isotherms. As pressure 

and/or Cl concentration increase, density increases along the isotherms. The data also 

indicate increasing H2(aq) concentration as temperature increases at constant density. In 

contrast to H2(aq), dissolved Fe shows an inverse relationship with respect to pressure and 

Cl concentration; Fe concentrations increase with increasing pressure and Cl along an  
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Figure 5.1. Measured KCl concentrations in the low-salinity vapors plotted against the 

model isotherms of Driesner and Heinrich (2007).There is good agreement between 

measured and predicted concentrations highlighting the accuracy of the experimental 

reactor. 
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Figure 5.2. Measured H2(aq) and Fe concentrations plotted as a function of density along the 

four isotherms investigated in this study. Density is used in lieu of pressure in order to 

display the results on an overlapping scale. 
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Figure 5.2 (continued) 
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isotherm. Dissolved Fe does not show a strong temperature dependence (Fig 5.2b), owing 

to offsetting chemical and physical effects (pH, dissolved Cl, and pressure).  

Fluid density is calculated using the equations of Driesner (2007), modified to 

incorporate the difference in molecular weight between NaCl and KCl. Modification of the 

correlation of Driesner (2007) yields agreement within 10% of experimental measurements 

of KCl-H2O density at hydrothermal conditions, 300-700 ˚C, 80-200 bar (Khaibullin and 

Borisov, 1966; Bodnar and Sterner, 1985).   

Bulk mineral chemistry (Table 5.2) and XRD analysis (Appendix) of the minerals 

indicate no change in composition in the muscovite and orthoclase before and after the 

experiment. The hematite and magnetite crystals show generally similar pre- and post-

experiment composition with slight increases in SiO2 and Al2O3 in the post experiments 

samples. The small increase in SiO2 and Al2O3 represents incorporation of discrete 

fragments of the aluminosilicates into the hematite and magnetite samples used for XRD 

analysis.  

 

 Discussion 

5.5.1 Comparison with previous H2(aq) solubility measurements 

 The experiments of Kishima and Sakai (1984a, b) and Kishima (1989) provide the 

most extensive measurements of H2(aq) solubility in mineral buffered fluids at elevated 

pressures and temperatures. All experiments were performed in the pure water system 

between 296-500 ̊ C, 10-100 MPa in gold cell hydrothermal reactors (Seyfried et al., 1987). 

Kishima and Sakai (1984a, b) measured H2(aq) as buffered by hematite-magnetite (HM) and 
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nickel-nickel oxide (NNO), while Kishima (1989) measured H2(aq) solubility as dictated by 

pyrite-pyrrhotite-magnetite (PPM). 

 The experiments of Kishima and Sakai (1984a, b) and Kishima (1989) indicate that 

along an isotherm, YH2 increases with increasing pressure, while along isobars, YH2 

decreases as temperature increases (Kishima and Sakai, 1984b). In other words, YH2 

decreases in magnitude as density decreases and the fluid becomes more gas-like. At 416 

˚C YH2 increases from 64 to 335 bar/molal as pressure increases from 36.5 to 100 MPa. 

YH2 decreases from 785 to 175 bar/molal as temperature increases from 300 to 490 ˚C at 

100 MPa. The behavior of YH2 as a function of pressure and temperature is decidedly non-

linear (Kishima and Sakai, 1984b; Kishima, 1989), but can be simplified considerably by 

converting pressure to density, ρ. ln YH2 is then an approximately linear function of ln ρ 

along an isotherm (Fig 5.3).  

A linear relationship between gas solubility and fluid density has been previously 

recognized based on observations of experimental data at temperatures below the critical 

point of pure water (Japas and Sengers, 1989, and references therein). In fact, Akinfiev and 

Diamond (2003) derived an equation of state (EoS) for aqueous non-electrolytes that relies 

on the relationship between gas solubility and fluid density in order to regress the values 

for several empirical fit parameters. The empirical parameters relevant to H2(aq) are based 

on experimental data collected from 0-486 ˚C, 0.1-100 MPa in the pure water system (i.e., 

infinite dilution), including the data of Kishima and Sakai (1984b). The Akinfiev and 

Diamond (2003) EoS is compatible with the Helgeson-Kirkham-Flowers EoS and therefore 

the results can be compared with YH2 as generated from experimental data (see eq. 5.7 for  
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Figure 5.3. The natural logarithm of YH2 (bar/molal) as a function of the natural logarithm 

of density in the pure water system.Experimental data are from Kishima and Sakai (1984) 

and Kishima (1989). The solid lines represent predictions of the Akinfiev and Diamond 

(2003) EoS at the three indicated temperatures. The different colored symbols represent 

YH2 values as generated by three different experiments: red, PPM; blue, HM; green; NNO. 
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conversion). There is generally good agreement between the EoS predictions and the 

diverse dataset of experiments in mineral-fluid and fluid-fluid systems (Fig 5.3 and Fig 1b 

in Akinfiev and Diamond, 2003). The apparent disagreement between the predictions of 

the EoS and the data of Kishima (1989, PPM experiments), likely stems from the common 

occurrence of solid solutions of pyrrhotite (Barton and Skinner, 1979), which lowers the 

activity of FeS. A lower pyrrhotite activity will cause YH2 to be less than calculated 

assuming a pure mineral. Unfortunately, Kishima (1989) does not report the composition 

of pyrrhotite used in the experiments. Calculations indicate that a minimal decrease in 

pyrrhotite activity, Po0.8-0.9, causes YH2 to decrease and show good agreement with YH2 as 

calculated from the HM experiments (Kishima and Sakai, 1984b) and the Akinfiev and 

Diamond (2003) EoS. Thus, the EoS is an accurate representation of H2(aq) solubility in 

pure water at the pressures and temperatures relevant to the experimental data acquired in 

the present study. 

 The addition of significant quantities of dissolved salts (e.g., NaCl or KCl) 

complicates the prediction of H2(aq) solubility in natural geothermal fluids. As the 

concentration of dissolved salt increases in an aqueous fluid at constant temperature and 

pressure H2(aq) solubility decreases. The phenomena of decreasing H2(aq) solubility with 

increasing salt concentration has been deemed ‘salting-out’ and is a well-documented 

process that affects the solubility of all neutral aqueous species (Oelkers and Helgeson, 

1991; Sharygin et al., 2002). In the context of the current study, decreased H2(aq) solubility 

in saline fluids will cause YH2-Cl to be larger than YH2 since f H2 remains constant at a given 

pressure-temperature condition, regardless of fluid composition (eq. 5.5). The presence of 
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salt does not change the behavior of YH2-Cl as a function of pressure and temperature as 

compared to YH2; values of YH2-Cl also decrease as the fluid density decreases.  

 In addition to the results of the current study, the experiments of Ding and Seyfried 

(1990) systematically measured H2(aq) solubility in salt-bearing aqueous fluids at conditions 

relevant to MOR vent systems. The experiments of Ding and Seyfried (1990) utilized PPM 

to buffer H2(aq) between 300-450 ̊ C, 30–50 MPa, 560-600 mmol/kg NaCl (Appendix). YH2-

Cl as calculated from the new experimental data and those of Ding and Seyfried (1990) 

show a similar trend to YH2 (Kishima and Sakai, 1984b; Kishima and Sakai, 1984a; 

Kishima, 1989) when plotted as a function of density and temperature (Fig 5.4). As 

expected, YH2-Cl calculated from both sets of experiments are larger than those in the pure 

water system (Fig 5.4, 5.5). At temperatures between 300-375 ˚C, YH2-Cl derived from the 

PPM experiments (Ding and Seyfried, 1990) are approximately three times larger than 

those predicted for the pure water system by the Akinfiev and Diamond (2003) EoS. This 

offset between YH2-Cl and YH2 is essentially constant because the NaCl concentrations 

remain within a narrow range, 560-600 mmol/kg. At 400-450 ˚C, the offset between YH2-

Cl and YH2 changes (Fig 5.5) because the KCl concentration in the current study varies 

between 15-1000 mmol/kg. At 400 ˚C, 21.5 MPa, the KCl concentration in the low-density 

vapor is 15 mmol/kg and YH2-Cl at this condition, 9, is approximately equal to YH2, 6. In 

contrast, YH2-Cl is 192 at 450 ˚C, 50 MPa, 570 mmol/kg NaCl, while YH2 is 45 at the same 

pressure and temperature. 

 The data at 500 ˚C collected as part of the current study deviate from the pattern 

seen at lower temperature. YH2-Cl at 500 ̊ C are 1.3-3 times smaller than the values predicted 
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by the Akinfiev and Diamond (2003) EoS (Fig 5.5d). YH2 range from 13-22 bar/molal (500 

˚C, 40-51 MPa), while YH2-Cl at the same conditions are 4-17 bar/molal. Two possibilities 

exist for this discrepancy. The data of Kishima and Sakai (1984b), upon with the Akinfiev 

and Diamond EoS is based, only reach to 486 ˚C and therefore calculations at 500 ˚C 

exceed the calibrated range, imparting an unknown uncertainty into the calculations. 

Alternatively, the experimentally determined YH2-Cl values at 500 ˚C fall below the general 

trend defined by the lower temperature experimental data as a function of density (Fig 5.4). 

This suggests that measured H2(aq) may be higher than equilibrium, although SiO2(aq) 

concentrations from the same samples represent equilibrium with quartz (Table 5.1). Since 

both possibilities contribute uncertainty, the 500 ˚C experimental data are used in the 

regression of equation 5.9. 

 ln YH2-Cl (bar/molal), as calculated from the salt-bearing experiments (this study, 

Ding and Seyfried, 1990), were fit to the following empirical equation of temperature (˚C) 

and density (g cm-3) 

 ln YH2-Cl = 8.323 – 0.001945 T + 4.074 ln ρ - 5.5735 × 10-5 T ln ρ + 0.8106 (ln ρ) 2       

(5.9) 

Equation 5.9 is valid from 300-500 ˚C, 21-51 MPa and 0-600 mmol/kg dissolved NaCl 

(or KCl). YH2-Cl calculated using equation 5.12 has a standard deviation of 45 (1σ). 
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Figure 5.4. YH2-Cl as calculated in the NaCl-H2O (Ding and Seyfried, 1990) and KCl-H2O 

(this study) systems compared with the predictions of the Akinfiev and Diamond (2003) 

EoS at the same pressure-temperature conditions. The larger values of YH2-Cl are the result 

of decreased H2(aq) solubility as compared to the pure water system. See section 5.4.1 for 

discussion. 
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Figure 5.5. Comparison of YH2-Cl with YH2 as a function of pressure along various 

isotherms.YH2 come from the Akienfiev and Diamond (2003) EoS. (A) The red symbols 

represent the data of Ding and Seyfried (1990) while the black symbols are the Akinfiev 

and Diamond equation of state. The shape of the symbol indicates the temperature as shown 

in the legend. See section 5.4.1 for further discussion. 
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Figure 5.5 (continued) 
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Figure 5.5 (continued) 

30 35 45 5040

Pressure (MPa)

0

50

100

150

200

250

300

Y
H

2
 (

ba
r/

m
ol

al
)

425 oC

D+S 1990

This study

A+D 2003



147 

Figure 5.5 (continued) 
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Figure 5.5 (continued) 
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5.5.2 H2 fugacity as a constraint on the chemical evolution of MOR vent fluids 

The temperature dependence of redox sensitive gases (H2(aq), H2S(aq), CH4(aq) and 

CO2(aq)) has been widely exploited to construct geothermometers to aid in the interpretation 

of chemical and physical processes occurring in the subsurface of continental geothermal 

systems (D’Amore and Panichi, 1980; Giggenbach, 1980; Giggenbach, 1987; Giggenbach, 

1993; Taran and Giggenbach, 2003; Fiebig et al., 2013). Geothermometers have been 

proposed based on field observations of temperature-concentration relationships (D’Amore 

and Panichi, 1980) as well as more theoretical iterations that utilize thermodynamic 

equilibrium constants (Giggenbach, 1980). Given the redox sensitivity and relatively fast 

rates of reactions of dissolved gases, gas geothermometers yield insight into the chemical 

evolution of fluids not accessible through application of geothermometers based on Na-K-

Ca-Mg (Giggenbach, 1988; Giggenbach, 1993).   

Within the MOR vent fluid literature dissolved gases have generally served to 

identify subsurface lithology (e.g., mafic vs ultramafic) and make inferences regarding 

large scale alteration processes. For example, high or low CH4(aq)/H2S(aq) ratios are 

indicative of alteration of ultramafic or mafic lithologies, respectively. The large increase 

in H2(aq) concentration immediately following volcanic eruptions has been used as evidence 

for a change in the H2(aq) forming reaction as compared to steady state conditions (Von 

Damm, 2000; Lilley et al., 2003). Only very recently have advances in the field of 

‘clumped’ isotopes provided the first method to use a dissolved gas, CH4(aq), as a 

temperature-dependent constraint on the chemical evolution of MOR fluids (Stolper et al., 

2014; Douglas et al., 2017; Wang et al., 2018). The experimental calibration of YH2-Cl now 
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allows H2(aq) concentrations to serve as a temperature-dependent tool in the interpretation 

of the chemical evolution of MOR vent fluids.  

There is debate within the literature regarding the formation temperature and 

pressure of MOR vent fluids. Formation temperature and pressure (hereafter, formation 

conditions) refers to the temperature and pressure at which a fluid reaches chemical 

equilibrium with the host rock. Experimental studies at 400-450 ˚C yield fluid chemistries 

that are broadly consistent with those measured at the seafloor (Berndt et al., 1988; Berndt 

et al., 1989; Seewald and Seyfried Jr., 1990; Foustoukos and Seyfried, 2005) even though 

the measured vent temperatures are at least 30˚C cooler than the experimental 

temperatures. The agreement between experimental and natural fluid chemistry suggests 

formation conditions similar to the experimental conditions. Conductive cooling to the 

measured vent temperature, therefore, has minimal effect on fluid composition. In contrast, 

samples collected from depth at the subaerial Reykjanes hydrothermal system, by means 

of a specialized sampling device, indicate that metal concentrations at depth are orders of 

magnitude larger than those collected at the surface (Hardardóttir et al., 2009). Reykjanes 

is a basalt hosted system in Iceland that represents a subaerial analog to the submarine 

systems. The differences between metal concentrations as a function of depth at Reykjanes 

supports the hypothesis that significant metal deposition during fluid discharge may occur 

within the submarine systems. 

H2(aq) concentrations from two mafic hosted vent sites, Lucky Strike (Mid-Atlantic 

Ridge) and Piccard (Mid-Cayman Rise) are used in order to provide further constraints on 

fluid formation conditions in MOR systems. These two vent sites display markedly 
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different temperatures and H2(aq) concentrations (Table 5.3). Lucky Strike fluids vent to the 

seafloor between 290-324 ˚C and have H2(aq) concentrations of 40-70 µmol/kg (Pester et 

al., 2012). End member fluids venting at Piccard reach the seafloor at 400 ˚C with 20 

mmol/kg H2(aq) (McDermott et al., 2018). The temperatures and H2(aq) concentrations at 

Lucky Strike and Piccard bracket the range of conditions found at other mafic hosted vent 

sites. 

When calculated at seafloor pressure-temperature conditions, there is significant 

difference between f H2 at Lucky Strike and Piccard (Fig 5.6), as expected based on the 

measured H2(aq) concentrations. The Lucky Strike fluids have f H2 that is in good agreement 

with experiments that measured H2(aq) solubility coexisting with samples of natural MORB 

(Bischoff and Rosenbauer, 1987; Seewald and Seyfried Jr., 1990). Dissolved Cu at Lucky 

Strike, 3-26 µmol/kg, is also similar to that observed at 300 ˚C, 11 µmol/kg, during the 

basalt alteration experiments of Seewald and Seyfried (1990), further indicating formation 

conditions near the seafloor. Cu solubility responds quickly to changes in temperature and 

can therefore be used as a key indicator of formation conditions (Seyfried and Ding, 1995; 

Syverson et al., 2017). The dissolved SiO2(aq) concentrations at Lucky Strike, however, are 

supersaturated by 2 mmol/kg or more with respect to quartz-fluid equilibrium at seafloor 

conditions, suggesting the possibility of fluid-mineral reactions at higher temperatures and 

pressures than those at the seafloor. Higher temperatures are also supported by the depleted 

Cl content of the fluid, an indicator of phase separation in the subsurface. The minimum 

temperature for phase separation at Lucky Strike is 355 ̊ C, based on NaCl-H2O systematics 

at the seafloor pressure, 17 MPa. This is a decidedly minimum temperature because phase  
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Figure 5.6. Logarithm of H2 fugacity in two mafic-hosted MOR vent systems as compared 

to experimental and theoretical constraints. The shaded symbols represent f H2 calculated 

at seafloor pressure-temperature conditions. Empty symbols represent f H2 calculated at 

pressure-temperature conditions estimated by the Si-Cl geothermobarometer. The dashed 

box represents experimental constrains on the fH2 of MORB. All measured H2(aq) 

concentrations were converted to fugacity using equation 5.9. The solid lines are

calculated using thermodynamic data from SUPCRT92. 
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separation at the seafloor would result in both vapor and liquid venting to the ocean. The 

liquid is not present at Lucky Strike and therefore phase separation must occur at depth 

within the crust.  

Given the discrepancy between the various indicators of formation temperatures, it 

is possible that H2(aq) concentrations may record hotter and deeper formation conditions. f 

H2 is therefore calculated at the pressures and temperatures indicated by the Si-Cl 

geothermobarometer, 470-490 ˚C, 45-50 MPa (Table 5.3, Scheuermann et al., 2018). f H2 

calculated at subsurface conditions is more oxidizing than the HM assemblage (Fig 5.6), 

which is unlikely in basalt hosted systems. Hematite is a very rare secondary mineral in 

hydrothermally altered sections of oceanic crust (Coogan et al., 2002; Barker et al., 2010) 

and has been only observed in the basalt alteration experiments of Mottl et al. (1979). More 

recent basalt alteration experiments (Berndt et al., 1989; Seewald and Seyfried Jr., 1990) 

do not report hematite formation. Therefore, the most probable mechanism to explain H2(aq) 

concentrations sampled at Lucky Strike requires partial or complete re-equilibration with 

basaltic substrate at lower temperatures than estimated for phase separation (i.e., near 

seafloor conditions). It is possible that higher concentrations of Cu and H2(aq) exist at depth 

at Lucky Strike, but these concentrations are diminished due to fluid-rock reaction at 

successively cooler temperatures during ascent. 

f H2 calculated at Piccard seafloor pressure and temperature indicates a redox state 

more reducing than that imposed by the quartz-fayalite-magnetite assemblage (Fig 5.6). 

Such reducing conditions are not consistent with mineralogical constraints imposed by 

mafic substrates since olivine is not a primary component of basalt. The extremely reducing 



 

154 

 

f H2 at Piccard therefore indicates formation conditions significantly higher than those 

measured at the seafloor. The dissolved Cu and SiO2(aq) concentrations, 670 µmol/kg and 

20 mmol/kg, respectively (McDermott et al., 2018), also support equilibration at higher 

temperatures since both are supersaturated with respect to MORB solubility at seafloor 

conditions (Seyfried and Janecky, 1985; Seewald and Seyfried Jr., 1990). Subsurface 

conditions for Piccard are estimated to be 540 ± 15 ˚C, 62.5 ± 0.3 MPa based on Si-Cl 

geothermometry (Scheuermann et al., 2018). When calculated at these more extreme 

conditions, f H2 falls within the range delineated by experimental studies of MORB, 

although at higher temperatures than investigated in the laboratory (Fig 5.6).  

The differences in estimated formation conditions likely results from variations in 

subsurface residence times; longer at Lucky Strike and shorter at Piccard. Extended crustal 

residence time during discharge allows more reactive components such as Cu and H2(aq) to 

re-equilibrate, while components such as SiO2(aq) remain supersaturated due to kinetic 

barriers that hinder precipitation (Von Damm et al., 1990; Bowers and Taylor, 1985). 

Although attempts have been made to quantify crustal residence times of MOR fluids, the 

results are specific to the Juan de Fuca Ridge (Kadko and Butterfield, 1998) and cannot be 

extrapolated to other vent sites given large uncertainties in fluid flow patterns. 

The analysis of fluid chemistry at Lucky Strike and Piccard demonstrates the 

complexity of the chemical evolution of MOR vent systems subsequent to phase 

separation. Fluid-rock reaction during discharge is possible, but must be evaluated for each 

individual vent system using various chemical components for which solubility is well-

known at the appropriate physical conditions. Since seafloor vent systems act as important 
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controls on geochemical fluxes to the ocean, the work presented here implies that accurate 

assessment of these fluxes requires combining known measurements of fluid chemistry 

(e.g., Coogan and Dosso, 2012); applying an assumed average fluid composition to all vent 

sites may lead to large errors in flux calculations. 

 

 Conclusions 

 Hydrothermal experiments were performed in order to calibrate the H2 fugacity-

concentration relationship in saline hydrothermal fluids. YH2-Cl can now be calculated from 

300-500 ˚C, 21-51 MPa in fluids with up to 600 mmol/kg NaCl or KCl. Similar to the pure 

water system, YH2-Cl decreases with decreasing fluid density, as the result of changes in 

pressure, temperature and/or salt concentration. At relatively low salt concentrations, <50 

mmol/kg, YH2-Cl equals YH2 at the same pressure and temperature. Increasing the salt 

concentration to 550 mmol/kg causes YH2-Cl to be 3-5 times as large as YH2. The large 

deviation of YH2-Cl from YH2 in fluids of seawater salinity necessitates the use of YH2-Cl in 

order to accurately calculate the H2 fugacity of MOR vent fluids. The experimentally 

calibrated pressure-temperature dependence of YH2-Cl now allows H2(aq) concentrations to 

be used as an indicator of fluid formation temperatures. Formation temperatures at Lucky 

Strike are close to those measured at the seafloor, while at the Piccard site the formation 

temperature indicated by H2(aq) concentrations is similar to that inferred for phase 

separation. Hotter temperatures than those measured at the seafloor are inferred at depth at 

Lucky Strike based on Cl and SiO2(aq) concentrations. Thus, significant fluid-mineral 

reactions are inferred to occur during fluid ascent to the seafloor that decrease the 
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concentration of Cu and H2(aq). The examples of Lucky Strike and Piccard demonstrate the 

need to assess fluid formation conditions on a case by case basis with the use of components 

for which the solubility is well known at the appropriate pressure-temperature conditions. 
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Table 5.1 Chemical composition of experimental samples 

Rxn time H2 Fe K Cl Na SiO2(aq)

T (˚C) P (MPa) Phase (days) (µmol/kg) pH 25 ˚C (µmol/kg) (mmol/kg) (mmol/kg) (mmol/kg) (mmol/kg)

400 21.5 vap 10 1222 3.86 21 11.2 13.3 0.01 1.4

400 24 vap 7 545 3.53 23 15.16 16.32 0.067 2.37

400 26 vap 4 372 3.60 36 25.62 27.22 0.116 3.11

400 28 1 4 145 4.10 2554 674 659 2.68 13.96

400 33 1 13 40 4.2 3853 931 1012 4.06 21

425 32.2 vap 7 294 3.26 90 80 79 0.12 5.14

425 33.5 vap 5 219 2.39 1100 383 390 0.62 9.84

425 33.8 vap 4 236 3.58 2040 618 602 0.95 13.64

450 35 vap 6 890 3.55 46 43 45.24 0.176 5.8

450 38 vap 5 519 3.06 202 93 96 0.88 7.9

450 40 vap 5 346 3.09 606 187 183.16 1.52 10.5

450 41.5 vap 7 300 3.63 1393 528.9 534.97 1.689 15.57

450 43 1 3 131 3.09 5782 800 826.6 5.9 20.9

450 47 1 4 127 3.43 5464 790 819.3 5.55 21.7

500 40 vap 5 4237 3.03 92 31 33 0.099 6.95

500 43 vap 3 2210 3.03 76 49 52 0.168 7.88

500 47 vap 4 1650 3 166 83 87 0.319 10.15

500 51 vap 2 1206 2.95 506 173 182 0.629 12.88
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Table 5.2 Chemical composition of minerals 

Al2O3 CaO Fe2O3T K2O MgO MnO Na2O P2O5 SiO2 TiO2 total

wt% wt% wt% wt% wt% wt% wt% wt% wt% wt% wt%

K-Feldspar 15.84 0.08 0.07 14.03 0.00 0.00 0.84 0.00 64.48 0.01 95.36

(Orthoclase) 16.08 0.00 0.00 12.74 0.02 0.00 0.73 0.00 70.21 0.01 99.78

Muscovite 32.70 0.00 2.70 10.39 1.54 0.05 0.60 0.00 46.09 0.69 94.76

31.42 0.00 2.60 10.24 1.46 0.04 0.58 0.00 46.44 0.76 93.54

Magnetite 0.37 0.01 90.53 0.11 0.23 0.03 3.07 0.04 2.22 0.04 96.65

0.35 0.22 84.75 0.21 0.25 0.03 3.08 0.15 2.60 0.03 91.68

Hematite 2.81 0.02 79.91 0.10 0.12 0.12 3.00 0.04 6.38 0.90 93.40

4.58 0.19 70.91 1.41 0.81 0.20 2.68 0.26 11.18 0.85 93.07

Values reported are the average of three measurements

Quartz used in this experiment was analyzed for purity by Scheuermann et al. (2019)

Values in plain text represent analysis pre-experiment. Bold text represents analysis after the experiment.
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Table 5.3 Chemical composition of mid-ocean ridge vent fluids and calculated subsurface conditions 

T ( ˚C, meas.)* P (MPa, meas)*

Si Cl H2

(mmol/kg) (mmol/kg) (mmol/kg)
#

T ( ˚C, calc.)** P (MPa, calc.)**

300 17 14.7 414 0.053 491 50.8

Lucky Strike 
a

US4

Isabel 292 17 13.7 487 0.028 473 46.4

Piccard 
b

Beebe 400 50 20 350 20 540 62.5

Sources of data: 
a
Pester et al. (2012), 

b
McDermott et al. (2018)

*
# 

measured at the seafloor, ** Temperature and pressure calculated using the Si-Cl geothermobarometer

H2 reported only for samples collected with gas-tight samplers

All concentrations reported are end-member (Mg = 0) fluids
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Chapter 6 Conclusions 

 Phase separation of MOR vent fluids plays an important role in controlling heat 

and mass transfer in the oceanic crust. A quantitative understanding of the effects of phase 

separation on mineral solubility has remained largely elusive due to the challenge of 

recreating the necessary conditions in the laboratory. The design and construction of a fixed 

volume titanium reactor (Chapter 2) has significantly increased the ease with which phase 

separation experiments can now be performed. 

 The experimental data presented here highlight the utility of fluid density as a 

method to calculate mineral solubility and extrapolate thermodynamic parameters. Fluid 

density in the NaCl-H2O system is well known over a wide range of pressure and 

temperature and therefore provides a method for estimating solubility where other methods 

are not applicable. This has been demonstrated for quartz (Chapter 2) and anhydrite 

solubility (Chapter 4), and YH2-Cl (Chapter 5). Density extrapolation is likely applicable to 

a wider range of chemical systems relevant to MOR vent systems, although this inference 

will require further experimentation to confirm. The success of fluid density as a method 

to estimate solubility likely stems from the strong correlations between fluid density and 

dissolved Cl concentration, the dielectric constant of water and the molar volume of water 

and aqueous species. The effects of these three parameters on mineral solubility are well-

documented. 

 Our understanding of the chemical evolution of MOR vent fluids relies heavily on 

our knowledge of mineral solubility at the requisite physical conditions. Historically, 
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experimental measurement and theoretical calculation of solubility have been restricted to 

high density hydrothermal fluids (i.e., high temperatures and high temperatures). These 

fluids dominate within the recharge zones of MOR vent systems. However, phase 

separation at the magma-hydrothermal interface results in low-density hydrothermal fluids. 

The experimental data generated in this dissertation provide constraints on the conditions 

of phase separation (Chapter 2), with important implication for heat and mass transfer 

between the oceanic crust and overlying oceans. The examples of Lucky Strike and Piccard 

demonstrate that fluid-mineral reactions may or may not occur during fluid discharge 

(Chapter 5). Additionally, analysis of fluid chemistry at Lucky Strike and Piccard indicates 

that interpretation of mass transfer processes requires multiple geochemical components 

for which solubility is known at the appropriate pressure and temperature. The data 

presented here now allow for such interpretations in systems that experience phase 

separation. 
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Appendix A: Additional information for Chapter 2 

 

Calculating heat flux using hydrothermal plume height  

The heat flux at the Piccard vent site is calculated using simple plume theory (Fischer et 

al., 1979; Little et al., 1987).  

Zmax = 5 ( Bo / π )1/4 N-3/4   (A.1) 

Bo = αt g Ho / (Cp ρo )    (A.2) 

N2 = ( g / ρsw ) × (-dρ / dz )   (A.3) 

Zmax, maximum height of the plume above the seafloor, 860 or 1,160 m 

αt , coefficient of thermal expansion of water at ambient conditions as given by Little et al. 

(1987), 1.48 × 10-4 ºC-1   

g, gravitational acceleration 

Cp constant pressure heat capacity of bottom seawater, 3962 J kg-1 K-1 

ρo density of the hydrothermal fluid at the seafloor, 615 kg m-3 

ρsw density of bottom seawater, 1043 kg m-3 

-dρ / dz density stratification of bottom seawater as calculated using data from the World 

Ocean database (see below), 4 × 10-6 kg m-4 

N buoyancy frequency, 1.94 × 10-4 s-1 

 

Combining equations A.1-3 leads to the following equations for the source heat flux (J s-1) 

Ho = ( π ρo Cp / αt g ) × ( Zmax / 5 )4 × N3              (A.4) 

We use the maximum and minimum Zmax values to calculate a range of Ho, 37-112 MW.  

The average of this range, 75 MW, is presented as the best estimate of heat entering the 
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ocean from the Piccard plume. The error associated with this calculation is the difference 

between the average heat flux and the maximum and minimum values, 37 MW. 

The amount of heat lost during conductive cooling of the fluid is calculated as the 

difference between the subsurface temperature and pressure (540 ºC, 62.5 MPa) and 

seafloor conditions (398 ºC, 49.6 MPa).  It is therefore difficult to assign an error to the 

amount of heat lost.  We therefore maintain the 37 MW as the error for the overall heat 

flux, 100 ± 37 MW.    

The following data from the World Ocean Database (NOAA) were used to calculate 

the buoyancy frequency.  Both stations are in close proximity to the Piccard hydrothermal 

field. 

 

Station 293 81.017 W 19.017 N     

Depth (m) Temperature Salinity (psu)  

2980 4.15 34.99  

3975 4.25 34.99  

5081 4.41 35  

6376 4.61 35.01  

    

Station 716  81.583 W 

18.8N   

    

3005 4.16 34.994  

3206 4.2 34.995  

3506 4.2 34.992  

4007 4.28 34.99  
 

Pressure is calculated assuming 10 m = 1 bar.  Density is calculated using the equations of 

Driesner (2007).  
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Appendix B: Additional information for Chapter 3 

 

Calculating initial 43Ca for isotope exchange experiments 

 Despite rocking the pressure vessel and internal gold reaction cell for 

approximately 10 minutes after fluid injections, there is evidence for incomplete mixing.  

The first sample (A.5, B.3, C.1) taken directly after the spike injection in all isotope 

exchange experiments deviates from the overall trend in 43Ca defined by subsequent 

samples (Fig. B.1). Such abrupt changes in 43Ca from the first sample of each experiment 

to the second likely occurred because anomalous 43Ca injected during the spike remained 

in the sampling valve and/or capillary tubing.  The initial (t = 0) 43Ca value is therefore 

calculated via linear regression (Fig B.1), resulting in initial 43Ca (‰) values of 396.51, 

313.94 and 82.62 for experiments A, B and C, respectively.  The 43Ca value for samples 

A.5, B.3 and C.1 are adjusted to fit the regression and these adjusted values are used to 

calculate the change in the system 43Ca after sampling and as a result, F (Eq. 3.1). 

 

Calculating anhydrite-fluid exchange rate 

 In isotope spike experiments, the amount of isotopic mixing between fluid and 

mineral is expressed as (Eq. 3.1 in the main text) 

F =  
δt

43Ca−δ0
43Ca

δΣCa
43 Ca−δ0

43Ca
          (B.1) 

While useful for determining the amount of isotopic mixing between reservoirs, F does not 

indicate the number of Ca atoms that have exchanged between anhydrite and fluid in 

systems where the size of the fluid and mineral Ca pools are different (Handler et al., 2014), 
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as is the case of the experiments presented in this study.  Handler et al. (2014) derived a 

mass balance calculation to quantify the percent of atom exchange between a mineral and 

coexisting aqueous fluid with time.  When modified for the anhydrite-fluid system, this 

approach yields:  

FAnh(%) =  
NCa(aq) ×  ( δ0

43Ca−δt
43Ca )

  NAnh
tot    ×   ( δt

43Ca−δ0
43Anh )

 ×  100       (B.2) 

where NCa(aq) and NAnh
tot

 represent the moles of Ca in the fluid at a given time and the total 

moles of Ca present in the fluid, respectively.  These values are calculated based on changes 

in Ca concentration between samples and the known amount of fluid in the gold cell.  It is 

assumed that the total moles of anhydrite stay constant over the course of the experiments.  

δ0
43Anh and  δ0

43Ca are the initial 43Ca isotopic composition of the anhydrite and fluid, 

respectively, at the time of the spike injection, and δt
43Ca is the fluid isotopic composition 

during subsequent samples.  The mass balance equation 

43
system = 43

anhydriteXCa + 43
fluidXCa                (B.3) 

is used to calculate the isotopic composition of the anhydrite.  Appendix Table B.1 shows 

the values used for these calculations and the resulting FAnh(%) values.  After 24 hours in 

experiment B, approximately 5% of the Ca that originally resided in the anhydrite has 

mixed with the fluid.  The data from experiment B are used because the phase separation 

experiments have dissolved Ca concentrations that are equal or greater to those in B and 

thus the rate of exchange would be most similar. 5% anhydrite Ca exchange is a minimum 

value for the phase separation experiments since both of these experiments were conducted 

at higher temperature (420 and 450°C) than isotope exchange experiments, 410°C. 
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Table B.1 Data used to calculated Fanh (‰) 

Sample δ
43

Ca fluid mM Ca fluid mM Ca anhydrite δ
43

Ca fluid δ
43

Ca anhydrite FAnh (%) Hours after spike

(initial) (initial)

Experiment A

396.28 0.45 0.91 396.51 -0.78 0.03 0.75

395.61 0.44 0.91 396.51 -0.78 0.11 3.50

394.39 0.41 0.91 396.51 -0.78 0.24 7.00

390.22 0.39 0.91 396.51 -0.78 0.70 20.00

383.28 0.37 0.91 396.51 -0.78 1.41 44.25

373.61 0.35 0.91 396.51 -0.78 2.34 92.25

360.85 0.32 0.91 396.51 -0.78 3.48 169.75

A.5

A.6

A.7

A.8

A.9

A.10

A.11

A.12 342.84 0.30 0.91 396.51 -0.78 5.19 282.75

Experiment B

313.44 0.93 0.70 313.94 -1.96 0.21 0.92

310.81 0.89 0.70 313.94 -1.96 1.27 6.25

301.38 0.83 0.70 313.94 -1.96 4.88 22.25

296.71 0.78 0.70 313.94 -1.96 6.40 32.66

296.13 0.72 0.70 313.94 -1.96 6.12 48.50

291.45 0.67 0.70 313.94 -1.96 7.33 74.25

B.3

B.4

B.5

B.6

B.7

B.8

B.9 268.39 0.61 0.70 313.94 -1.96 14.68 243.25
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Table B.1 (continued) 

Experiment C

82.57 1.80 0.70 82.62 39.51 0.30 1.25

81.53 1.67 0.70 82.62 39.51 6.13 5.25

81.97 1.56 0.70 82.62 39.51 3.38 20.50

81.28 1.45 0.70 82.62 39.51 6.61 29.75

81.30 1.34 0.70 82.62 39.51 6.02 46.75

80.37 1.25 0.70 82.62 39.51 9.78 56.75

80.50 1.15 0.70 82.62 39.51 8.44 72.00

80.22 1.15 0.70 82.62 39.51 9.62 96.25

C.1

C.2

C.3

C.4

C.5

C.6

C.7

C.8

C.9 78.02 1.00 0.70 82.62 39.51 17.06 242.25
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Figure B.1a Fluid δ43Ca versus time for experiments (a) A, (b) B, and (c) C.  The solid 

markers in each plot indicate the samples that were used to determine the initial δ43Ca by 

linear regression.  The calculated initial value is displayed in each plot.  The δ43Ca of the 

first sample from each experiment is then adjusted to fit the linear regression. 
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Figure B.1b 
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Figure B.1c 
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Figure B.2 Representative EDS spectrum of product anhydrite 
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Appendix C: Additional information for Chapter 4 

 

Extrapolation of equilibrium constants for Na-SO4 species 

 Fitting the data of Hnedkovsky et al. (2005) as a function of temperature (Kelvin) 

and the logarithmic density of water resulted in the following equation for the dissociation 

of (1) NaSO4
- and (2) Na2SO4(aq) 

log K = -3.282 + 862.5 T-1 + 5.661 log ρH2O                     (C.1) 

 

log K = 10.16 – 6757 T-1 + 8.004 log ρH2O                         (C.2) 

 

Derivation of equation 4.5 in the main text 

 Given (Anderson and Crerar, 1993) 

                     ΔGº = - RT ln K              (C.3) 

                       ( 
∂ΔGᵒ

∂𝑃
 )T =  ΔVᵒ               (C.4) 

it follows 

                       ( 
∂ ln K

∂𝑃
 )T =  − 

 ΔVo

RT
         (C.5) 

 

By definition 

 

                  βH2O =   ( 
∂ ln 𝜌𝐻2𝑂

∂ 𝑃
 )T         (C.6) 

 

Combining A5 and the inverse of A6 leads to 
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                                 ( 
∂ ln K

∂𝑃
 )T  ( 

∂ 𝑃

∂ ln 𝜌𝐻2𝑂
 )T =  − 

 ΔVo

RT βH2O
       (C.7) 

 

Volumetric properties of water were taken from Wagner and Pruss (2002) and equilibrium 

constants are from either HKF EoS or conductivity data (Ho et al., 1994; Ho et al., 2000) 

for NaCl(aq). The curves of ln K v P and ln ρH2O v P were fit using equations with the form 

(Mesmer et al. 1988) 

ln K (or ln ρH2O) = a P + b ln P + c  P-1        (C.8) 

which give excellent fits (R2 > 0.90) to the data.   
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Mass-action, mass balance, and charge balance equations used in the 

thermodynamic calculations 

CaSO4(anhydrite) = Ca2+ + SO4
2- 

 

CaSO4
0 = Ca2+ + SO4

2- 

 

NaCl0 = Na+ + Cl- 

 

CaOH+ = Ca2+ + OH- 

 

NaOH0 = Na+ + OH- 

 

NaSO4
- = Na+ + SO4

2- 

 

HCl0 = H+ + Cl- 

 

HSO4
- = H+ + SO4

2- 

 

CaCl+ = Ca2+ + Cl- 

 

H2SO4
0 = 2 H+ + SO4

2- 

 

CaCl2
0 = Ca2+ + 2 Cl- 

 

Na2SO4
0 = 2 Na+ + SO4

2- 

H2O = H+ + OH- 

 

 

 

[Natotal] = [Na+] + [NaOH0] + [NaCl0] + [NaSO4
-] + 2 [Na2SO4

0] 

[Cltotal] = [Cl-] + [HCl0] + [CaCl+] + 2[CaCl2
0] + [NaCl0] 

[Catotal] =  [Ca2+] + [CaCl2
0]  + [CaCl+] + [CaOH+] + [CaSO4

0] 

[SO4total] = [SO4
2] + [CaSO4

0] + [HSO4
-] + [Na2SO4

0] + [NaSO4
-] + [H2SO4

0] 

2 [Ca2+] + [Na+] + [H+] + [CaCl+] + [CaOH+] = 2 [SO4
2] + [Cl-] + [OH-] + [NaSO4

-] + 

[HSO4
-] 
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Figure C.1 NaCl composition of experimental vapor samples plotted against the predicted 

isotherms of Driesner and Heinrich (2007). NaCl concentrations are the average of 

measured Na+ and Cl-. The good agreement between experimental data and model 

isotherms suggest the bulk matrix achieved chemical equilibrium. 
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Figure C.2 Scanning electron microscope image of the recovered anhydrite crystals from 

the 410 ˚C experiment. The crystals from the 450 ˚C experiment show similar size and 

morphology (not shown). The crystals experienced post-experiments dissolution and 

fracturing. 
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Figure C.3 Na+ and Cl- speciation at 450 ˚C. The neutral complex NaCl˚ dominates at all 

pressure conditions investigated. Speciation in this figure is calculated using approach 2. 

Speciation does not change appreciably when calculated using any other approach outlined 

in chapter 4. 
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Appendix D: Additional information for Chapter 5 

Table D.1 Experimental data from Ding and Seyfried (1990) 

Temperature (˚C) Pressure (MPa) Cl (mmol/kg) H2 (mmol/kg)

300 50 576 0.21

300 40 598 0.23

300 30 572 0.25

350 50 567 0.37

350 40 589 0.41

350 30 581 0.48

375 50 594 0.46

375 40 578 0.54

375 30 587 0.70

400 50 594 0.64

400 40 632 0.73

400 30 592 1.23

425 50 570 0.97

425 40 556 1.40

450 50 572 1.40
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Figure D.1a Comparison of XRD spectra of the minerals used in the present study with 

those in the RRUFF online database. In each image the red spectra represents the spectra 

taken after the experiment and the black spectra is from the RRUFF database. The sample 

numbers from the RRUFF database are: Orthoclase R050185, Muscovite R040104, 

Magnetite R060191, Hematite R040024. 
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Figure D.1b 
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Figure D.1c 
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Figure D.1d 
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